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AbstractChanges in climate across the Arctic in recent decades and especially the increase of near-surface air temperature promote significant changes in key natural components of the Arctic including permafrost (defined as soil experiencing subzero temperature for more than two consecutive years). Recent borehole observations exhibit significant increase in ground temperatures below the depths of seasonal variations. Modeling studies on a global scale suggest a steady decrease in area underlain by near-surface permafrost in the northern hemisphere in recent decades. Global pro jections for the next century predict further permafrost degradation depending on the greenhouse gas concentration trajectory. Permafrost degradation is not only associated with climate feedbacks but can also result in significant changes in coastal and terrestrial ecosystems and increased risks of costly infrastructural damage for Arctic settlements. In addition, permafrost plays an important role in the terrestrial part of the Arctic freshwater cycle as the volumes of frozen ground are practically impermeable for subsurface moisture transport and contain excess water in the form of ground ice. Since geophysical observations bear significant costs in the Arctic, especially in the remote areas, simulations performed with physically based numerical models allow researchers to assess the current state of permafrost in Arctic regions and make future projections of its dynamics and resulting hydrological impacts.In this dissertation we use numerical modeling in two distinct ways: 1) to estimate current and future ground temperature distribution with high resolution on a regional scale and 2) to evaluate the role permafrost degradation plays in changes in water balance of watersheds under changing climate. First, we study the permafrost evolution of the Seward Peninsula, Alaska over the 20th and 21st century using a distributed heat transfer model. Model parameters are calibrated with a variational data assimilation and are distributed across the study domain with an ecosystem type approach. Simulations suggest that the peninsula will experience a reduction in the near surface permafrost extent of up to 90%and an average increase in ground temperature across the peninsula up to 4.4o C towards the end of the 21st century under the high greenhouse gas concentration tra jectory.Second, we perform an ensemble of millennia-long experiments by simulatinghypothetical idealized small-scale watersheds placed in a typical Sub-Arctic setting with a physically based distributed hydrological model. In these experiments we single out the effects of temperaturedependent subsurface moisture transport by applying air temperature change in our forcing scenarios only to sub-zero temperatures within a given year.Results suggest a long-term increase in annual runoff of 7-15% and a similar decrease in evapotranspiration under a prolonged (up to a millennia) air-temperature increase. The short-term (< 100 years) water 
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balance response highly depends onsoil permeability and the watersheds slope and profile curvature. The simulated changes in water balance are a direct result of the decrease in near-surface soil moisture and intensified subsurface moisture transport in the deeper soil layers due to the permafrost thaw. Additional experiments suggest that simplified models that do not include lateral subsurface moisture transport, as typically done in Earth System Models, can reproduce similar changes in equilibrium water balance to the ones predicted by more sophisticated models for the watersheds with gentle slopes. We also find that if the air temperature trend is reversed and watersheds are experiencing prolonged cooling, a high degree of hysteresis in water balance behavior can be observed, however, the long-term changes in water balance are equal in their amplitude. Additionally, we find that initial soil moisture distribution in the deeper soil which is essentially a consequence of the paleoclimate (given the same permeability and topography) determines the overall soil moisture storage deficiency which in turn results in the lag between the onset of warming and the increase in total runoff. The deficit in soil moisture storage is highly dependent on the watersheds topography.
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1 IntroductionPermafrost, the ground material at or below 0oC for two or more consecutive years, occurs widely in the Arctic and constitutes an important component of the global climate system. Approximately 24 % of the exposed land in the Northern Hemisphere is underlain by permafrost [Zhang et al., 1999; Brown et al., 2002]. According to observations, in recent decades permafrost temperatures increased significantly across the Norther Hemisphere and especially in the high Arctic [Biskaborn et al., 2019]. Global modeling also suggests high decrease in the area underlain by near-surface permafrost [Romanovsky et al., 2017]. For the most part, these changes are driven by the increase in air temperature, especially in winter [McGuire et al., 2016].Among many physical processes controlled by permafrost, the permafrost-carbon cycle dynamics [Schuur et al., 2015] and hydrological cycle [Woo et al., 2008; Walvoord and Kurylyk , 2016] are among the top few influencing global climate dynamics. As the ground temperature responds to climate warming [Romanovsky et al., 2010a, 2019], degradation of the near-surface permafrost asserts short and long-term disturbances to vegetation [Burn and Friele , 1989; Jorgenson et al., 2013; Cray and Pollard , 2015; Schuur and Mack , 2018] and defines stability of infrastructure [Shiklomanov et al., 2017]. In addition to that, permafrost degradation alters subsurface moisture transport [Walvoord and Kurylyk , 2016; Tananaev et al., 2020] and thus can significantly alter water balance regimes of the permafrost-affected watersheds on fine to global scales.On regional and pan-Arctic scales observations have shown a significant increase in total annual river discharge to the Arctic Ocean as well as significant spatial and seasonal changes in river runoff over the last decades [Shiklomanov et al., 2013; Tan and Gan , 2015]. Observations of combined river discharge from the six largest Russian north flowing rivers have shown an increase of 7% over the period 1936-1999 [Peterson et al., 2002], with more than 70% of the contribution due to higher river flow in winter, although man-made reservoirs in these river basins significantly distort seasonal discharge and complicate the understanding of river flow due to climate variability [Shiklomanov and Lammers , 2009; Stuefer et al., 2011]. River flow has also increased in North America by 7% over 1970-2010 for several Arctic rivers: Mackenzie, Yukon, Peel and Back [Shiklomanov and Lammers , 2011] and by 18% over 1989-2013 for rivers in northern Canada [Dery et al., 2016]. The most recent assessment of the observed river flow to the Arctic Ocean from Eurasia and North America shows a 5.1 km3y-1 or 9% increase in total influx over 1964-2015 [Deery et al., 2016; Holmes et al., 2018].
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Atmospheric moisture transport and associated precipitation patterns play a ma jor role in runoff generation and its changes can significantly alter the hydrological regime of rivers flowing to the Arctic Ocean. However, aggregated over the pan-Arctic and large river basins, annual precipitation, which is typically the most important water balance component for runoff generation, does not show a significant change to support the observed increasing trend in annual river flow [Berezovskaya et al., 2004; Adam and Lettenmaier , 2008; Bring and Destouni , 2011; Bring et al., 2016]. The most consistent and significant increase in river flow throughout the Eurasian pan-Arctic is observed during the cold season [Shiklomanov et al., 2013; Tananaev et al., 2016]. Similar tendencies in winter discharge were found in northern North America [Dery et al., 2016]. Some increase in snowfall during fall and early winter in Siberia [Wegmann et al., 2015] and in the Canadian Arctic [Kopec et al., 2016] associated with sea ice decline can partly explain increases in spring river flows but has a small effect on winter discharge in areas with stable negative temperature throughout the cold season. In contrast to precipitation, the increase in air temperature across the pan-Arctic has been widely and consistently documented [Biskaborn et al., 2019]. The air temperature rise leads to significant changes in the regional cryosphere with corresponding impacts on the hydrological regime.For decades, the permafrost distribution and ground temperatures have been extensively studied on a wide range of spatial and temporal scales [Romanovsky and Osterkamp, 1995; Romanovsky et al., 2010a,b]. Many studies on regional and global scales [Romanovsky et al., 2017] suggest a widespread permafrost degradation in recent deacades in the Arctic associated with the rapid increase in air temperature [Biskaborn et al., 2019]. The hypothesis that recent changes in runoff are predominantly associated with the air temperature increase and subsequent permafrost degradation has been considered for quite a while. Due to the complexity of the underlying physical processes and the large amount of factors (the majority of which are co-dependent) direct estimation of the permafrost-related changes in water balance through observations are difficult and costly, especially on larger scales. Major advances in understanding how air temperature induced permafrost degradation and subsequent changes in subsurface moisture transport affect water balance of the Arctic watersheds comes from numerical modeling.In general, subsurface temperature fields can be simulated by statistical-empirical or numerical models [Riseborough et al., 2008]. The former models are usually based on a regression approach and are used to determine a probability of the frozen/unfrozen state under certain conditions [Lewkowicz and Edni e , 2004; Panda et al., 2010; Pastick et al., 2015]. Although, statistical models are relatively robust, they lack representation of the permafrost's thermal inertia and could not be easily adapted to simulate the talik formation and its 
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consequent dynamics. Numerical models are usually divided into equilibrium [e.g. Risebor
ough, 2010] and transient [e.g. Nicolsky et al., 2007; Gisnas et al., 2013] classes depending on whether or not thermal equilibrium is assumed [Riseborough et al., 2008]. Though usually, ground temperature dynamics are simulated on their own, a range of models that are capable of coupled heat and moisture transfer exists [Grenier et al., 2018]. Due to their computational costs, large number of parameters (high volume of great variety of observations is needed for parameter calibration) and input data requirements, these models are usually applied at small scales and are still rarely used to simulate real watersheds. Coupled heat and moisture transfer models have been largely used in studies where simulations of controlled hypothetical watersheds are employed to investigate possible range and key factors of how permafrost dynamics affect subsurface transport, runoff and water balance [e.g. Frampton et al., 2011; Lamontagne-Halle et al., 2018; Jafarov et al., 2018].The main objective of this dissertation is to investigate the behavior of permafrost- affected watersheds on long timescales (centuries to millennia) in terms of their ground temperature and moisture distribution and water balance. In Chapter 2 we provide an example of ”thermal only” numerical simulations of ground temperature dynamics on Seward Peninsula, Alaska over the period 1901-2100. This work is published in Journal of Geophysical Research: Earth Surface as ”Modeling present and future permafrost distribution at the Seward Peninsula, Alaska” and is co-authored by D. Nicolsky, R. Hock and V. Romanovsky. This study provides an insight into the volume and quality of the data that is used for input, calibration and evaluation of a permafrost model that is required to successfully reproduce present and future ground temperature distribution on the regional scale given that only conductive heat transfer is of concern. In addition, Chapter 2 methodology (if the needed observations will be available in the near future) can be adjusted and applied for long-term simulations with coupled heat and moisture transfer models on a regional scale.In Chapter 3, by employing numerical simulations of a hypothetical small scale watershed, we attempt to estimate the magnitude of permafrost-related changes in runoff induced by long-term changes in air temperature. By implementing specific climate forcing scenarios where only negative air temperatures are allowed to be changed we isolate the effect of permafrost dynamics on the runoff. We employ a physically based hydrological model WaSiM that is capable of resolving both heat and moisture subsurface transport and apply our forcing scenarios (cooling and warming) to a 1 km2 uniform slope in different configurations. We vary the permeability of the homogeneous soil of the watershed and apply the model in two different configurations to investigate the importance of lateral temperature-dependent subsurface moisture transport on the water balance.
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Chapter 4 of this dissertation further develops these experiments. We investigate how water balance changes (induced by the increasing air temperature) are shaped by the watershed's topographic and permeability conditions. Different combinations of the watershed's slope, curvature, homogeneous and layered soil columns with respect to permeability allow us to estimate the range of the changes in water balance characteristic to small head-water slopes and to investigate joint effects of topography and permeability on these changes. The methodology we aim to develop in this dissertation would lay the basis for future modeling studies that attempt to better understand and predict water balance changes in the Arctic with less uncertainty.
ReferencesAdam, J. C., and D. P. Lettenmaier (2008), Application of New Precipitation and Reconstructed Streamflow Products to Streamflow Trend Attribution in Northern Eurasia, Journal of Climate, 21(8), 1807-1828, doi:10.1175/2007JCLI1535.1.Berezovskaya, S., D. Yang, and D. L. Kane (2004), Compatibility analysis of precipitation and runoff trends over the large siberian watersheds, Geophysical Research Letters, 31(21), doi:10.1029/2004GL021277.Biskaborn, B. K., S. L. Smith, J. Noetzli, H. Matthes, G. Vieira, D. A. Streletskiy, P. Schoene- ich, V. E. Romanovsky, A. G. Lewkowicz, A. Abramov, M. Allard, J. Boike, W. L. Cable, H. H. Christiansen, R. Delaloye, B. Diekmann, D. Drozdov, B. Etzelmüller, G. Grosse, M. Guglielmin, T. Ingeman-Nielsen, K. Isaksen, M. Ishikawa, M. Johansson, H. Johannsson, A. Joo, D. Kaverin, A. Kholodov, P. Konstantinov, T. Kroger, C. Lambiel, J.-P. Lanck- man, D. Luo, G. Malkova, I. Meiklejohn, N. Moskalenko, M. Oliva, M. Phillips, M. Ramos, A. B. K. Sannel, D. Sergeev, C. Seybold, P. Skryabin, A. Vasiliev, Q. Wu, K. Yoshikawa, M. Zheleznyak, and H. Lantuit (2019), Permafrost is warming at a global scale, Nature Communications, 10(1), 264, doi:10.1038/s41467-018-08240-4.Bring, A., and G. Destouni (2011), Relevance of hydro-climatic change projection and monitoring for assessment of water cycle changes in the arctic, Ambio, 40(4), 361-369.Bring, A., I. Fedorova, Y. Dibike, L. Hinzman, J. Mard, S. H. Mernild, T. Prowse, O. Semenova, S. L. Stuefer, and M.-K. Woo (2016), Arctic terrestrial hydrology: A synthesis of processes, regional effects, and research challenges, Journal of Geophysical Research: Biogeosciences, 121(3), 621-649, doi:10.1002/2015JG003131.Brown, J., O. Ferrians, J. A. Heginbottom, and E. Melnikov (2002), Circum-arctic map of permafrost and ground-ice conditions, version2, accessed 20 February 2020,https://nsidc. 

org/data/GGD318/versions/2.Burn, C., and P. Friele (1989), Geomorphology, vegetation succession, soil characteristics and permafrost in retrogressive thaw slumps near Mayo, Yukon Territory, Arctic, 42(1), 31-40.
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2 Modeling present and future permafrost distribution at the Seward Peninsula, Alaska1

1 Published as: Debolskiy M., D. Nicolsky, R. Hock and V. Romanovsky (2020), Modeling present and 
future permafrost distribution at the Seward Peninsula, Alaska, Journal of Geophysical Research Earth 
Surface 125(8), doi:10.1029/2019JF005355

2.1 IntroductionPermafrost, the ground material at or below 0oC for two or more consecutive years, occurs widely in the Arctic and constitutes an important component of the global climate system. Among many physical processes controlled by permafrost, the permafrost-carbon cycle dynamics [Schuur et al., 2015] and hydrological cycle [Woo et al., 2008; Walvoord and Kurylyk, 2016] are among the top few influencing global climate dynamics. As the ground temperature responds to climate warming [Romanovsky et al., 2010a, 2019], degradation of the near-surface permafrost asserts short and long-term disturbances to vegetation [Burn and Friele, 1989; Jorgenson et al., 2013; Cray and Pollard, 2015; Schuur and Mack, 2018] and defines stability of infrastructure [Shiklomanov et al., 2017]. For decades, the permafrost distribution and ground temperatures have been extensively studied on a wide range of spatial and temporal scales [Romanovsky and Osterkamp, 1995; Romanovsky et al., 2010a,b]. Numerical modeling of ground temperature dynamics [Riseborough et al., 2008] has been widely used to fill in spatial and temporal gaps between observations and then project ground temperature conditions into the future [e.g. Jafarov et al., 2012; Gisnas et al., 2013; 
Nicolsky et al., 2017].This study focuses on the Seward Peninsula located along the western coast of Alaska, just south of the Arctic Circle (see Figure 2.1). The Seward Peninsula also contains a transition zone between continuous and discontinuous permafrost [Jorgenson et al., 2008]. This zone is of particular concern since changes in the ground temperature and permafrost- controlled processes are expected to be most pronounced in this zone [Lawrence et al., 2008]. The peninsula was studied as part of the Arctic Transitions in the Land-Atmosphere System (ATLAS) Project [Walker et al., 2003] whose goal was to investigate tundra ecosystems in a warming climate. Other studies were focused on vegetation [Vavrek et al., 1999], hydrology [Hinzman et al., 2003] and permafrost [Hinzman et al., 2005]. Findings from these studies reveal that the permafrost within the Seward Peninsula is predominantly associated with tundra vegetation i.e. dwarf shrubs, lichens as well as with barren land hilltops that experience significant snow redistribution [Walker et al., 2003]. A layer of perennially unfrozen ground material between seasonally frozen ground and permafrost has typically been found 
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under tall shrubs and forests. To further investigate permafrost dynamics, ground temperature observations were established at several sites in the Seward Peninsula in the early 2000s [Walker et al., 2003], most of them are used in this study for model calibration (Figure 2.1).In general, subsurface temperature fields can be simulated by statistical-empirical or numerical models [Riseborough et al., 2008]. The former models are usually represented as a regression approach and are used to determine a probability of the frozen/unfrozen state under certain conditions [Lewkowicz and Ednie , 2004; Panda et al., 2010; Pastick et al., 2015]. Although, statistical models are relatively robust, they lack modeling of the permafrost's thermal inertia and could not be easily adapted to simulate the talik formation and its consequent dynamics.In this study, we use a direct numerical modeling approach that deterministically estimates the subsurface temperature at a particular point in time and depth by solving relevant equations. Numerical models are usually divided into equilibrium [e.g. Riseborough , 2010] and transient [e.g. Nicolsky et al., 2007; Gisnas et al., 2013] classes depending on whether or not thermal equilibrium is assumed [Riseborough et al., 2008]. The peninsula's ground temperature and permafrost dynamics have been investigated as part of deterministic regional [Busey et al., 2005] and Alaska-wide [Marchenko et al., 2008; Jafarov et al., 2012] modeling efforts. However, these studies have been performed neither with a high spatial resolution nor with the assimilation of all publicly available data.Here, we use the distributed transient temperature dynamics model called GIPL2 [Nicol- 
sky et al., 2017], where GIPL2 stands for the Geophysical Institute Permafrost Lab model, version 2. We enhance GIPL2 by introducing an additional parameter to account for the snow interception by vegetation and scouring by wind. The GIPL2 model is then parameterized by utilizing historical borehole temperature data and a new calibration algorithm. The model parameters are distributed across the domain according to ecosystem types classification. Consequently, the model is evaluated for fitness using temperature records collected within the ongoing Next Generation Ecosystem Experiment project (https://ngee-arctic.ornl.gov/). After evaluating the model performance, we simulate ground temperature dynamics across the entire peninsula with a resolution of 500 m for the period 1901-2100. For hindcast modeling we use the Climate Research Unit (CRU) monthly global data [Harris and Jones, 2017], while for the future projections we employ two Representative Concentration Pathway (RCP) 4.5 and 8.5 scenarios [Moss et al., 2008; Meinshausen et al., 2011].
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Figure 2.1: Map of the study area showing the ecotype distribution across the Seward Peninsula as well as the locations of stations used for the model calibration and evaluation. Each model evaluation site includes eight to ten boreholes located in the distinct ecotypes. The black dashed line delineates zones of the continuous (north) and discontinuous (south) permafrost distribution [Jorgenson et al., 2008]. The small inset illustrates the spatial location of the Seward Peninsula with respect to the Alaska.
2.2 Study AreaThe Seward Peninsula is approximately 330 km long and 145 km wide, with a mean elevation of approximately 150 m above sea level. Four mountain ranges stretch along the southern side of the peninsula with the highest peak reaching 1,437 m above sea level. The mean annual air temperature of -2.6oC, and mean annual precipitation of 430 mm is recorded in the largest settlement on the southern coast, Nome, over the period 1970-2000. Kotzebue, the closest meteorological station north of the Seward Peninsula records mean annual air temperature of -5.2oC and an annual precipitation of 280 mm for the same period. A seasonal snow typically lasts from October to May [Cherry et al., 2017] with the climatological mean of the maximum snow depth varying between 0.5 and 0.7 m [Cherry et al., 2019]. The northern part of the peninsula is dominated by continuous permafrost, which is associated 
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with tussock tundra and wet bogs, while the southern parts feature discontinuous permafrost and forests (see Figure 2.1 for the ecotype distribution across the peninsula). Permafrost also occurs on rocky hilltops with barren or sparse vegetation.Permafrost-related research on the peninsula has a long history: e.g., Yoshikawa and Hinzman [2003]; Jones et al. [2011, 2012] studied thermokarst lake evolution; [Lloyd et al., 2003; Rupp et al., 2001] explored connections between the permafrost and vegetation dynamics; [Höfle et al., 1998] focused on the permafrost affected soils. In addition, other research focused on responses of permafrost and overlaying vegetation to fires [Rupp et al., 2001; 
Racine et al., 2004; Liljedahl et al., 2007]. Previous research, however, has not included the regional assessments of ground temperature dynamics with high resolution. In the next section, we introduce our approach to modeling permafrost on the Seward Peninsula with a resolution of 500 m, which could be further increased to the resolution of existing ecotype maps, i.e. 30 m if necessary. For the sake of computational efforts we present the results only on the 500 m grid resolution.
2.3 Model DescriptionTo simulate ground temperature dynamics we use a spatially distributed GIPL2 model, which solves a nonlinear heat equation with phase change [Carslaw and Jaeger, 1959]. Similar to other permafrost modeling studies [e.g. Gisnas et al., 2013; Westermann et al., 2015; Wu 
et al., 2018] GIPL2 assumes no water movement and no sources or sinks of heat. Vertical heat diffusion is assumed to dominate over lateral heat fluxes. Under these assumptions subsurface temperature dynamics in snow and ground material is governed by the 1-D nonlinear heat equation:
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where T is temperature, t is time, z is the vertical coordinate, η is porosity, 0 < θ < 1 is the unfrozen liquid water pore fraction, L is the volumetric latent heat of fusion, C is the volumetric heat capacity and k is thermal conductivity. For the ground material (zb ≤ z ≤ 0), we assume that C = Cf(1 - θ) + Ctθ and k = kf1-θktθ [De Vries and Van Wijk, 1963; Sass 
et al., 1971]. Here, the subscripts “f” and “t” denote frozen and thawed states, respectively. Thermal properties C and k for the snowpack (0 ≤ z ≤ zb) are parameterized according to Verseghy [1991] and Yen [1981] respectively. To describe multiple horizons such as an organic soil, mineral soil and bedrock, several vertical layers with distinct parameters are considered. Typical values are listed in Table 2.1. Equation (2.1) is supplemented by a set of initial and boundary conditions. The lower boundary condition (z = zb) is determined



by the geothermal heat flux. At the upper boundary (z = zs), the air temperature Ta and precipitation P control the surface temperature and define the depth zs of snow, if present, respectively.We enhance the GIPL2 model used to study the tundra environments [Nicolsky et al., 2017] by adding an additional model parameter α to account for snow interception by vegetation or snow reduction by wind scouring, e.g., on hill tops:
where Psnow is the solid precipitation available for snow accumulation [Nicolsky et al., 2017] and P is the solid precipitation from the forcing dataset. Inclusion of α into GIPL2 allows us to account for the snow scouring (α ∈ [0, 1]) on the hill tops and extra accumulation (α > 1) by shrubs. This new parameter provides a simpler, empirical way to describe wind- induced snow redistribution as discussed by Liston et al. [2016] and references therein. The snow cover redistribution was also discussed in the Cryogrid 1 model [Gisnas et al., 2013] in the framework of the so-called N-factor approach [Riseborough et al., 2008] for snow. However, no direct modeling of temperature in the snowpack was conducted. In the updated GIPL2 model, we incorporate α as an adjustment to the solid precipitation that is applied prior to calculation of the heat transfer both in the snow and ground material. Another snow-related parameter in GIPL2 that is calibrated in this study is ρws — initial density of the wind slab layers. Since ρws depends on wind speed and is a priori unknown, we estimate it for different ecosystem types during calibration. Further details about GIPL2 and its recent development can be found in Jafarov et al. [2012] and Nicolsky et al. [2017].Table 2.1: List of model parameters and their typical range of variability, as found in the literature. The calibrated range indicates a spread of model parameters across all considered ecotypes after the calibration procedure.Symbol Parameter name Units Typical range Calibrated rangeη Soil porosity m3/m3 0.05-1 0.07-0.79kf Thermal conductivity, frozen soil W/m2 0.05-4 0.58-2.76kt Thermal conductivity, thawed soil W/m2 0.05-4 0.05-2.37Cf Volumetric heat capacity, frozen soil kJ/m3 1500-3200 1600-2700Ct Volumetric heat capacity, thawed soil kJ/m3 1500-3200 1900-3000

Qws Density of the snow wind slab kg/m3 10-800 100-460
α Snow catchment coefficient m/m 0-5 0.1-2.3

While most permafrost models [e.g. Marchenko et al., 2008; Volodin, 2008; Jafarov et al., 2012; Gisnaas et al., 2013; Rawlins et al., 2013] determine the model parameters as a function of overlaying vegetation, soil type and bedrock, in this study we calibrate the model param13



eters for distinctive spatial units with similar vegetation and soil conditions. These units are commonly referred to as ecosystem types or ecotypes. The ecosystem-type approach assumes a strong link between climate, surface vegetation type and subsurface substrate. This idea was first introduced by Humboldt [1806] and further developed with the focus on Alaska by 
Viereck [1970]; Jorgenson and Kreig [1988]. In the context of ground temperature modeling, this link allows us to use vegetation as a proxy for thermal properties of the ground material and snow parameters. This approach allows us to obtain a unique set of model parameters for each ecotype and to account for spatial heterogeneity. This method was successfully implemented in previous studies modeling permafrost in Alaska and Canada by Zhang et al. [2013]; Cable et al. [2016] and Nicolsky et al. [2017].Although many permafrost-vegetation feedbacks are bi-directional [e.g. Viereck, 1970; 
Jorgenson and Kreig, 1988; Shur and Jorgenson, 2007], in this work we only assume unidirectional influence of the vegetation on permafrost . Thus, following the ecosystem-type approach, we classify the study area into nine ecotypes listed in Table 2.2 (written communications with Amy Breen, UAF, 2019) by connecting the Circum Arctic Vegetation Map from [Walker et al., 2005] and the Circum Boreal Vegetation Map [Talbot and Meades, 2011] to the 30 m resolution Alaska Existing Vegetation Type (AKEVT) map [Fleming, 2015]. The latter is based on the vegetation classification developed for Alaska by Viereck et al. [1992]. The general Level 1 CAVM/CBVM vegetation types are used as a proxy for the ecotypes unless they can be divided into subtypes that can be distinguished by both different vegetation and difference in ground temperature regime from historical borehole data. Thus Barrens, Graminoid-dominated tundra, Wetlands and Coniferous forests are based on Level 1 CAVM/CBVM vegetation types. Alder-willow shrubs, Birch-ericaceous shrubs, Mixed shrub-sedge tussock tundra types and Willow-birch shrub tundra divide Erect shrub dominated tundra types Level 1 vegetation type into four ecotypes based on the observed ground temperature and metadata of the 11 boreholes used for calibration. Areas which are assigned the Non-vegetated type in CAVM/CBVM classification are separated into areas under the water table and others since there are no boreholes under the water bodies and cells assigned to the “water” type are not included into the computations. The final ecotype map with 500 m resolution is obtained by majority re-sampling of the 30 m resolution map. The use of CAVM/CABM Level 1 classification is also motivated by the potential use of calibrated model parameters for pan-Arctic modeling studies.
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Table 2.2: Ecotype classification used for distributing model parameters across the Seward Peninsula. Composition of vegetation classes from Fleming [2015] for each ecotype, relative spatial coverage within the permafrost extent zones [Jorgenson et al., 2008] and entire peninsula, and the number N of existing boreholes related to the ecotype in the calibration procedure.
Ecotype Vegetation class Continuous Zone Coverage area (%) Discontinues Zone Entire Peninsula N1. Barrens Dryas/lichen dwarf shrub tundra, foliose and fruticose lichen - ridge 13.6 14.5 13.9 22. Graminoid-dominated tundra Bluejoint-shrub-herb, tussock/lichen tundra, mesic sedge- grass-herb meadow-tundra, sedge- willow-dryas tundra

29.9 13.9 24.2 2
3. Alder-willowshrubs Alder-willow shrub 11.3 17.8 13.7 24. Birch-ericaceous shrubs Birch-ericaceous shrub 0.2 4.0 1.6 35. Mixed shrubsedge tussock tundra Mixed shrub-sedge tussock tundrabog 21.2 27.0 23.3 56. Willow-birchshrub tundra Willow shrub, birch-willow shrub, willow-sedge shrub tundra 4.0 2.8 3.5 17. Coniferous forests White spruce forest, black spruce w/lichen-moss forest 1.6 8.0 3.9 18. Wetlands Sweetgale-graminoid bog, wetmeadow tundra, wet sedge-grass meadow-marsh, wet sedge bogmeadow, halophytic wet meadow, aquatic herbaceous

5.7 3.0 4.7 2
9. Rock-talus-glacial-snow Snow-ice, rock-talus-glacial, sand- gravel-mud 9.6 6.7 8.5 110. Water Water 2.9 2.3 2.7 —



Figure 2.2: Air temperature and snow depth on Seward Peninsula 1901-2100. Spatially averaged dynamics of (a) the air temperature and (b) the snow depth across the Seward Peninsula. Solid lines show the mean annual temperature and mean winter snow depth, respectively. Shaded areas shows a range of the spatially averaged monthly variability.
2.4 Model ApplicationWe simulate ground temperature dynamics on a 500 m resolution grid covering the entire Seward Peninsula for the period from 1901 to 2100. We initialize simulations in September 1901 to assure a proper spin-up of the model. The soil column is extended down to the depth of 200 m. Temperature within the seasonally thawed or seasonally frozen layer is calculated using an equilibrium permafrost model [Romanovsky and Osterkamp, 1995; Sazonova and Romanovsky , 2003]. Below the seasonal freeze/thaw layer, the temperature is assumed to increase according to the geothermal heat flux at the lower boundary of 0.085 W/m2 [Davies, 2013], which is assumed constant in time and across the peninsula.To define the upper boundary conditions we use a 2 km resolution monthly air temperature and precipitation datasets developed by Scenarios Network for Alaska Planning [SNAP , 2017]. In particular, the monthly temperature and precipitation time series for the 

16



period of 1901-2016 are obtained from the global CRU product [Harris and Jones, 2017] and then are downscaled to a 2 km grid using the Parameter-elevation Relationships on Independent Slopes Model (PRISM) climate mapping system [Daly et al., 2002]. The latter uses a weighted regression scheme to account for topography and other factors. For the future climate projections (2006-2100) we exploit a composite average of the monthly air temperature and precipitation from five Global Circulation Models (GCMs) that optimally perform for Alaska [Walsh et al., 2008]. The future climate projections are based on the RCP 4.5 and8.5 scenarios [Meinshausen et al., 2011; IPCC, 2013]. The GCM outputs are debiased by the delta approach and then downscaled in the same way as the CRU data [SNAP, 2017]. To develop a smooth transition between the historical and projected data we implement a linear weight function for the period of overlap (2006-2016). The near-surface air temperature on the 2 km grid, while interpolated to a 500 m grid, was adjusted according to the constant lapse rate of 0.9oC per 100 m of elevation difference between the 2 km and 500 m digital elevation models (DEMs). The DEM for the 2 km grid is available at SNAP [2017], while elevations for the 500 m grid are extracted from the ecotype map package [Fleming, 2015]. Precipitation is interpolated by the nearest neighbor method [MathWorks , 2018].The mean annual air temperature averaged across the study area and its monthly variability are shown in Figure 2.2a. We note that the RCP 4.5 and 8.5 scenarios result in a 4oC and 7oC increase in the mean annual air temperature by the 2090s relative to the 2000s, respectively. The snow depth, shown in Figure 2.2b, does not exhibit any significant longterm trend with respect to the historical forcing. The increase in air temperature is thought to be a main driver for the ground temperature warming and the subsequent permafrost degradation.
2.5 Model CalibrationIn order to simulate the present and future ground temperature within the study domain, values of the model parameters need to be estimated. The goal of model calibration is to establish a unique set of parameters for each ecotype so that the simulated ground temperatures represents measured ground temperature data.
2.5.1 Calibration ProcedureWe calibrate soil-related (η, kf and kt) and snow-related (α and ρws) parameters; ranges of their variability are listed in Table 2.1. Two additional soil parameters (Cf and Ct) are not included into the calibration algorithm, since the model is found to be not sensitive to these parameters on timescales exceeding several weeks [Nicolsky et al., 2017]. Values Cf and 
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Ct are taken from literature and available references [e.g. Hinzman et al., 1991; Romanovsky and Osterkamp, 1995; Osterkamp and Romanovsky , 1996]. Similarly, we do not estimate the parameterization of the unfrozen liquid water content, but rather take a typical dependence from Nicolsky et al. [e.g. 2017]. Characteristics of the particular dependencies for every ecotype are prescribed to soil layers based on the borehole logs and soil pit information. Since we assume five soil layers in the soil column, the total number of parameters to be calibrated per ecotype is 17 (three per each soil layer and two for the snow). Layer depths and remaining non-calibrated soil properties are determined from a visual inspection of photographs of soil pits or from borehole core descriptions.Our objective is to find model properties for each ecotype (recall that there are 9 distinct ecotypes, see Table 2.2) using ground temperature data from 19 shallow boreholes. We emphasize that some ecotypes have more than one borehole associated with it. The number N of boreholes associated with the ecotype is listed in the last column of Table 2.2. For these ecotypes, the found model parameters need to reflect data from all boreholes associated with the ecotype in some averaged sense.The boreholes were drilled by the University of Alaska Fairbanks, United States Geological Survey and National Park Service in various locations on the Peninsula (see Figure 2.1 for their locations). The boreholes are up to 3 m deep and have up to eight (typically five) sensors. All boreholes were equipped with data loggers with a sampling interval ranging from one hour to one day. Ground temperatures, snow height, air temperature and surface temperature, if available, are aggregated to monthly means. The data covers a period from 1999 to 2014, however, no individual borehole covers the entire period and data gaps are present.Similar to Nicolsky et al. [2007], parameters are estimated in two steps: first, we estimate parameters α and ρws by minimizing discrepancy simultaneously between simulated and observed snow depth and ground surface temperature at the borehole sites. This step is done separately since α and Qws are the only model parameters that affect simulated snow depth. To estimate the remaining model parameters we modify the variational data assimilation algorithm by Nicolsky et al. [2009] that utilizes available ground temperature, air temperature and snow depth data. The algorithm is based on a nonlinear minimization of the cost function:
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where the measure of discrepancy ∣∣∙∣∣ is defined below, m is the vector (in our case it has 15 elements) with model parameters for the ground material, n is the total number of calibration stations within an ecotype, T(i)(m) = T(xi,z,t; m) and To(i) = T(xi, z,t)
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are simulated and observed ground temperatures at the ith station, respectively, and mo is the reference parameter vector for a given ecotype. Index i refers to the station within the ecotype with xi being a vector of station coordinates. The uncertainties ∆Ti and ∆m depend on the confidence in the model forcing and the reference parameter vector mo , respectively.To estimate the first weight in (2.3) we calculate a mismatch between the air temperature that was used to force the model and the observed air temperature at the ith station as follows
where τ1 to τ2 is the period for which the data are available, Tf(i) and Ta(i) are forcing and observed air temperatures at time t at ith station within an ecotype. This weighting allows to value those stations more for which the forcing air temperatures better match the observations. In practical applications the above integral becomes a sum over the available temperature observations. In this study, we use a monthly time step.The measure of discrepancy in (2.1) between the observed and simulated ground temperatures at the ith station is calculated by

Index k = 1, . . . , nz refers to the discrete depth zk , where ground temperature observations are available. The weights w1 and w2 are associated with the time of the year and depths of observation. The former weight is added for the summer measurements to be valued more than the winter months, since in the present-day Arctic environment the summer ground temperatures are close to 0oC because of the phase change processes during the summer and a discrepancy between simulated and observed ground temperatures needs to be enhanced to be on par with its counterparts for the winter months. Increasing the value of w1 during the summer results in that the cost function J (m) becomes more sensitive to the model parameters η and kt defining the simulated ground temperature dynamics during the summer months. The weight w2 increases exponentially with depth, and hence increases the contribution of the deeper measurements compared to the shallow ones since ground temperature from shallower depths are subjected to a discrepancy between model forcing and observed air temperature and processes not related to the heat diffusion.



Figure 2.3: Model calibration example. Comparison of the measured and simulated ground temperature dynamics at the different depths for three stations associated with the Birch- Ericaceous shrubs ecotype.
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The second term in (2.3) includes the distance ∖∖m — mo∖∖2 between the reference m0 and variable m parameter vectors. Recall that the vector m has 15 elements, e.g. representing 
kf , kt and η for five soil layer. The weight ∆m2 represents our confidence in the reference vector m0 for the given ecotype. We note that we do not compute ∖∖m — mo∖∖2 and ∆m2 separately, but rather calculate their ratio as

Here, ml stands for the lth element of the parameter vector m (e.g. a value of the thermal conductivity kf for the second layer), mo,l is the reference value for ml (i.e. the reference value for kf from the a priori knowledge). Finally, ∆ml is an uncertainty associated with our confidence in the reference value mo,l, i.e. it represents expert knowledge obtained by examining available data for the site, previous works, literature and field book notes, photographs, any laboratory measurements of thermal properties from the sites with similar conditions, etc. For example, it is possible to incorporate into mo an increase in the thermal conductivity with depth and the fact that typically for a mineral soil kf > kt. The weight ∆ml also includes penalties for violating petrophysical constrains.The cost function J(m) can be minimized with respect to m by a variety of algorithms depending on the available computational resources and time. In this study, we use an internal point algorithm for the simplicity of implementation [MathWorks, 2018]. However, the effectiveness and choice of the minimization algorithm could be an interesting topic for further investigations.
2.5.2 Calibration ResultsSimulated and observed temperature dynamics for the three sites associated with the Birch-ericaceous shrubs ecotype are shown in Figure 2.3. We emphasize that a single parameter vector for the Birch-ericaceous shrubs ecotype must be found by assimilating data from all three stations simultaneously. It is evident that the match between observed and simulated temperatures is better for the Mauze Gulch and Blueberry Hill sites than it is for Guy Rowe. However, it can be expected because of the various weights 1∕∆T2 standing in front of the discrepancies ∖∣ ∖∣ associated with the individual stations in the cost function. If the observed air temperature recorded at the station significantly differs from the downscaled CRU forcing, then the mismatch between the observed and simulated ground temperatures at this station is valued less in the cost function. Indeed, a smaller weight 1∕∆T2 is computed for the Guy Rowe station, since the discrepancy between Tf and Ta is higher at Guy
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Figure 2.4: Model calibration results. Comparison of the simulated and measured monthly mean ground temperatures at the calibration sites for (a) all sensors and (b) only the deepest sensor per station. The sensor depth is color coded.
Rowe than it is at the other two stations. We emphasize that if each site was calibrated individually we would obtain a different set of optimal parameters for each site and a better fit between the observed and simulated ground temperatures. However, in this case it is necessary to average a set of recovered optimal parameters in some way.Comparison of the simulated and observed monthly mean temperature for all 18 boreholes across all nine ecotypes is shown in Figure 2.4a. The mean bias, computed as an average of differences between all observed and simulated monthly ground temperatures, is -0.1oC. The corresponding root mean square error (RMSE) is 1.8oC. Comparison for the deepest sensors at all stations is shown in Figure 2.4b; the mean bias and RMSE are 0.2oC and 1.2oC, respectively. Note that the variance in mismatch decreases with depth. This is attributed to the weighting in the cost function which applies greater weights to the deeper sensors (typically with the depth ranging from 0.4 to 3 m below the surface), which generally do not exhibit effects of the non-conductive heat transfer and some lateral heat fluxes as well.The effects of adding the new model parameter α to the GIPL2 model is illustrated in Figure 2.5. Parameterization of the snow redistribution by wind results in distinct values of α for the ecotypes; computations without inclusion of the snow redistribution effects are simulated by model runs with α = 1. Note the simulated snow height (circles) without the snow redistribution (α = 1) for some ecotypes underestimate the observed snow depth, see Figure 2.5a. Observed ground surface temperatures are available for almost every station that was used in calibration while observed snow heights are scarce (1022 and 266 monthly values in total, respectively). RMSE for ground surface temperatures is greatly reduced by
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Figure 2.5: Model calibration: snow height and groud surface temperature. Comparison of the observed and simulated (a) monthly mean snow height and (b) mean ground surface temperature (averaged over all available months of observation) with (crosses) and without (equivalent to α = 1, circles) including of the snow catchment coefficient α into the model. Colors indicate ecotypes as in Figure 2.1.
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calibration (4.2oC for simulations with calibrated α vs 6.9 oC for α = 1), see Figure 2.5b. The inclusion of the wind redistribution effects and subsequent calibration of the associated parameters helps to improve the fit to observations, however some outliers still exist.
2.6 Model EvaluationTo evaluate how well the developed model performs at locations different from the calibration sites, we use a separate set of ground temperature observations, which are distinct from those incorporated in the model calibration process. In contrast to Jafarov et al. [2012] and 
Nicolsky et al. [2017] who used observed maximum active layer thickness for the model evaluation, we evaluate the model performance by only using the ground temperature records. This allows us to check the model performance consistently since the statistical measures are the same for the calibration and evaluation. In particular, we use ground temperatures collected at the Kougaruk and Teller sites (Figure 2.1). Each evaluation site contains ten and eight boreholes respectively situated in various ecotypes within a few kilometers distance from each other. Despite the proximity of boreholes within each evaluation site, these boreholes cover eight of the nine ecotypes with up to four boreholes per ecotype. The borehole data cover the peninsula-wide range of variability because of the heterogeneity at the local scale due to the diversity in vegetation cover, which is on par with the vegetation and climate variability across the peninsula. Finally, we note that the temperature sensors in the boreholes are located within the top 1.5 m and sample ground temperature hourly. Data from July 2016 to July 2019 are used and aggregated into monthly means. Unfortunately, the Coniferous forests do not exist at either the Kougarok or Teller site, and thus this ecotype is excluded from the evaluation process.To facilitate the evaluation study, the CRU data, both temperature and precipitation time series are used to provide the boundary conditions for the GIPL model through the early 2010s. The CRU data was then switched to the actual observed temperature and precipitation records (written communication, Robert Busey, 2020) for Kougaruk and Teller sites at 2012 and 2016, respectively. Observations from the nearby Kuzitrin River meteostation are used to fill in gaps in the temperature and precipitation time series for the Kougaruk site. Consequently, the GIPL model was used to simulate ground temperature at the evaluation sites through the observational period.After analyzing borehole drilling records and assigning an ecotype for each borehole, we selected the corresponding sets of thermal properties for each borehole and then simulated temperature dynamics at the depths corresponding to the temperature sensors. Comparison of the simulated and observed ground temperature dynamics at boreholes associated with the
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Figure 2.6: Model evaluation example. Comparison of the measured and simulated ground temperature dynamics at the evaluation sites for four stations associated with the Birch- Ericaceous shrubs ecotype.
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Figure 2.7: Model evaluation results. Comparison of the simulated and measured mean monthly ground temperatures at the evaluation sites for (a) all sensors and (b) only the deepest sensor per station. The sensor depth is color coded.
Birch-Ericaceous shrubs ecotype at Teller and Kougaruk is shown in Figure 2.6. Recall that the Birch-Ericaceous shrubs ecotype was also used to illustrate the results of the calibration process, see Figure 2.3. Similarly to the calibration, the evaluation presents cases where the simulated temperature has some positive and negative biases with respect to the observations, across the stations associated with the same ecotype. However, the comparison between the simulated and observed temperatures is satisfactory during the entire period of measurements across all boreholes.Next, we compare the simulated and observed monthly mean temperatures at all depths across all boreholes at the evaluation sites. Figure 2.7a shows the comparison at all depths, while Figure 2.7b displays the comparison at the deepest sensor at each borehole. Similar to the calibration process outcomes, the largest discrepancy occurs at the shallow sensors due to non-conductive heat transfer and possible frost heave of the sensors. Note that the ground temperature at the shallow sensors is very sensitive to the installation depth and can also experience most observational biases due to the frost heave action and non-conductive heat transfer. Despite some biases at the shallow depth, the simulated ground temperature agrees well with the observations.A station at the top of the Kougaruk hill is located in the Rock-talus environment and barely has any snow cover during the winter, resulting in the most significant discrepancy between the simulated and observed temperatures in both plots. Excluding this station, the overall model performance is comparable to the calibration results (Figure 2.4). The 
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RMSE is 1.6 oC and the mean bias is -0.2 oC for all data and 1.1 oC and -0.1 oC for the deepest sensors, respectively. The evaluation process demonstrates that the developed model performs well and can be used to simulate temperature across the entire study area.
2.7 ResultsWe analyze simulated mean annual ground temperature at the 2 m depth, thickness of seasonally thawed and seasonally frozen layers, and talik thickness. A talik forms when the ground freezing in the winter stops reaching the permafrost table and a perennially unfrozen layer develops between the seasonally frozen layer and permafrost . Here, to avoid any confusion, we use terms such as ”seasonally thawed layer” and ”seasonally frozen layer” as defined by Yershov and Williams [1998] instead of the term “active layer”, which is usually defined for areas with no talik above the permafrost table [Harris et al., 1988]. When no talik is present the seasonally thawed layer (commonly known as an “active layer”) exists above the permafrost during the summer and completely refreezes the following winter. When a talik is established, the seasonally frozen layer develops over the winter and completely thaws in the following summer. Maps of the simulated present (2000-2010) and future (2090-2100) distributions of the ground temperature, as well as seasonally thawed layer, seasonally frozen layer, and talik thicknesses are presented in Figure 2.8. We use a decadal mean averaging to smooth the interannual variability in these parameters and to present a general direction of the ground temperature dynamics.
2.7.1 Present-day Permafrost Conditions (2000-2010)Our modeling results indicate that under the climate conditions in 2000-2010, the permafrost table is connected to the bottom of the seasonally thawed layer (i.e. no talik is present) across 84% of the Seward Peninsula area. In particular, no talik is present in 92% of the peninsula's continuous permafrost zone and in 70% of the discontinuous zone. Percentages of the permafrost coverage are listed in Table 2.3. The peninsula-averaged mean annual air temperature for the 2000-2010 decade is -3.6oC, and the air temperature is 1.2oC lower in the continuous permafrost zone than in the discontinuous zone. The mean annual ground temperature at the 2 m depth averaged for 2000-2010 reaches -2.5oC for the entire peninsula and is lower by 2oC in the continuous zone than in the discontinuous zone (Table 2.3). The present-day mean decadal seasonally thawed layer thickness is 1.1 m on average for the entire peninsula. Several-meter-thick taliks are present in the southern part of the peninsula. In addition, there are areas in the southern and south-eastern part of the penin-
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Figure 2.8: Maps of permafrost characteristics across Seward Peninsula. Decadal mean for (a) ground temperature at the 2 m depth, (b) seasonally thawed or seasonally frozen layer thickness and (c) talik thickness across the Seward peninsula during 2000-2010 and 20902100 for RCP 4.5 and 8.5 scenarios. The black line delineates zones of the continuous (north) and discontinuous (south) permafrost coverage from Jorgenson et al. [2008].
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sula, where no near-surface permafrost has been present since the start of our simulations in 1901 (Figure 2.8). The present-day mean decadal seasonally frozen layer thickness in those areas and areas with recently developed taliks is 2.0 m on average.Table 2.3: Mean decadal permafrost conditions across permafrost extent zones. Spatial average and standard deviation of mean decadal characteristics of the permafrost conditions and ground temperature regime across the permafrost extent zones [Jorgenson et al., 2008] and the entire Seward Peninsula.Permafrost zone 2000 2010 2090-2100 2000 2010 2090-2100RCP 4.5 RCP 8.5 RCP 4.5 RCP 8.5Air temperature (◦C) Ground temperature, 2 m depth (◦C)Cont. -4.0±0.9 -0.4±0.9 3.0±0.9 -3.2±1.7 0.1±1.4 1.2±1.6Discont. -2.8±1.0 0.7±1.0 3.9±1.0 -1.2±1.8 1.1±1.6 2.9±1.8All -3.6±1.1 0.0±1.1 3.3±1.0 -2.5±2.0 0.5±1.5 1.9±1.9Permafrost extent (%) Seasonally thawed layer thickness (m)Cont. 92 59 10 1.0±0.5 1.5±0.8a 3.6±0.4aDiscont. 70 10 3 1.2±0.4 2.2±1.1a 3.7±0.4aAll 84 43 8 1.1±0.5 1.6±0.8a 3.6±0.4aTalik extent (%) Seasonally frozen layer thickness (m)Cont. 8 (2)b 41 90 2.3±0.6 0.5±0.2c 0.2±0.1cDiscont. 30 (8)b 90 97 1.8±0.5 0.5±0.3c 0.1±0.0cAll 16 (6)b 57 92 2.0±0.6 0.5±0.3c 0.2±0.1c
a Calculated only for areas with no taliks in 2090-2010.
b Values for areas with no permafrost since the start of the simulations. c Calculated over areas with no permafrost or with taliks in 2000-2010.

Mean ground temperatures at the 2 m depth vary substantially between the different ecotypes, the spatially averaged values with their standard deviations are listed in Table 2.4. The lowest ground temperatures occur at the non-vegetated hilltops (e.g. the Rock-talusglacial-snow ecotype) and the highest ground temperature is related to the Alder-willow shrubs and Coniferous forests ecotypes. Barrens and Mixed shrub-sedge tundra ecotypes demonstrate the highest spatial variability, whereas the lowest spread is found for the Coniferous forests and Birch-ericaceous shrubs ecotypes. Overall, ecotypes that include shrubs (especially if they are tall) or forests have the highest ground temperatures. Areas with prevailing wet conditions in the northern part of the peninsula, hilltops and slopes with almost no vegetation experience the lowest ground temperatures .
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Figure 2.9: Simulated mean annual ground temperature at the 2 m depth over the period 1901-2100. Solid lines show spatial averages for the continuous (a) and discontinuous (b) permafrost zones. Shaded areas refer to the spatial 95% probability bounds across both zones.
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Table 2.4: Mean decadal ground temperature for different ecotypes. Spatial average and standard deviation of mean decadal ground temperature for different ecotypes across the modeling domain. The temperature is provided at the 2 m depth.Ecotype 2000s 2090s RCP 4.5 2090s RCP 8.51. Barrens -3.4±1.2 -0.1±0.4 1.0 ± 1.02. Graminoid-dominated tundra -3.9±0.8 -0.5±0.4 0.3±0.43. Alder-willow shrubs 0.6±0.9 3.3±0.6 4.8±0.54. Birch-ericaceous shrubs -0.2±0.2 1.5±0.9 4.3±0.65. Mixed shrub-sedge tussock -2.4±1.2 0.1±0.3 1.8 ± 1.4tundra6. Willow-birch shrub tundra -1.0±0.9 1.8±0.8 3.9±0.77. Coniferous forests 0.8±0.4 3.2±0.4 4.8±0.48. Wetlands -3.7±0.9 -0.3±0.3 0.4±0.39. Rock, talus, glacial, snow -4.0±1.1 -1.2±0.9 0.7±1.1
2.7.2 Permafrost ProjectionsUnder the RCP 4.5 scenario, the mean decadal air temperature spatially averaged for the entire Seward Peninsula is projected to rise by 3.6oC in the last decade of the 21st century compared to the period 2000-2010 (see Table 2.3 for the details). The spatially averaged present-day air temperature increase differs slightly by 0.1oC between the continuous and discontinuous permafrost zones. In response to this air temperature increase, the area underlain by the near-surface permafrost is projected to decrease by almost half of its present extent on the Seward Peninsula. Areas without taliks at the end of the 21st century decrease in the spatial coverage by 36% in the present-day continuous permafrost zone. In the present-day discontinuous permafrost zone area without taliks, however, is decreased by more than 85% towards the end of the century. The mean decadal ground temperature at the 2 m depth for the 2090-2100 decade becomes positive for the most of the peninsula and its variability is decreased. The mean decadal seasonally thawed layer thickness spatially averaged across the entire peninsula is increased by 0.5 m while seasonally frozen layer thickness is decreased by 1.5 m if compared to the 2000-2010 period.Towards the end of the 21st century under the RCP 8.5 scenario less than 1% of the Seward Peninsula experiences mean decadal air temperatures below 0oC in response to an average temperature increase by almost 7oC across the domain. As a result, near-surface permafrost may be present over only 8% of the entire peninsula. The ground temperature at 2 m depth for the last decade of the 21st century increases only by 4.4oC. The mean decadal seasonally thawed layer thickness for the entire peninsula may increase on average by 2.5 m
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Figure 2.10: Differences in the decadal air, surface and ground temperatures. Comparison of differences ∆Ta , ∆Ts (a) and ∆Tg (b) in the mean decadal air, ground surface, and 2 m depth temperatures, respectively, for the 2090-2100 and 2000-2010 periods. Boxes show the 95% spatial variability bounds for the continuous and discontinuous permafrost zones for both RCP 4.5 and 8.5. Shading corresponds to joint probability distributions p(∆Ta, ∆Ts) (a) and p(∆Ta, ∆Tg) (b) for the considered RCP scenario.
if compared to the 2000-2010 decade. At the same time, in areas where taliks have been established before the beginning of the 21st century, the seasonally frozen layer thickness may decrease by 1.8 m on average for the entire peninsula.Ground temperature dynamics throughout the whole modeling period (1901-2100) in continuous and discontinuous permafrost zones (Figure 2.9) suggest an overall two-century long warming trend. These figures illustrate a reduction in spatial spread when ground temperatures approach 0oC. The obvious difference in average values between the same ecotypes in different permafrost zones as well as the irregularities in the spatial spread are due to overall latitudinal air temperature gradient. It must also be noted that both permafrost zones have a different ecotype composition (Table 2.2) with different contributions from the same ecotype to zone-wide average ground temperature values and spatial spread.The ground temperature response to the overall increase in air temperature across the Seward Peninsula in the 21st century is illustrated in Figure 2.10 and can be viewed in terms of the following three variables. First, ∆Ta = Ta|2090s - Ta|2000s stands for the difference between the mean decadal air temperature (Ta|2090s) of the last decade of the century and its counterpart Ta|2000s for the first decade. Similarly, we define ∆Ts = Ts|2090s - Ts|2000s , ∆Tg = Tg|2090s - Tg|2000s as the differences between the mean decadal ground temperature for the last and first decades of the 21st century at the ground surface and 2 m depth respectively. For both scenarios the spatial variability in ∆Ta is lower than both the spatial 
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variability in ∆Ts and ∆Tg. The latter could also be observed in Table 2.4. This illustrates that spatial heterogeneity of surface and soil conditions (ecotypes) amplifies the variability in ground temperature response at the surface and at depth (see also Figure 2.9). In general, it can be expected that the increase in ground surface temperature should be different than the increase in air temperature (∆Ts < ∆Ta) due to spatial and temporal variability in winter precipitation. This difference can also be a result of spatial and temporal variability in the amplitude of seasonal variations in air temperature. In particular, under the RCP 4.5 scenario a substantial part of the peninsula (48%) shows larger ∆Ts than ∆Ta. For RCP 8.5, on the other hand, only on 8% of the peninsula ∆Ts is larger than ∆Ta . This difference suggests that an overall lower increase in air temperature can be amplified by the particular effects of heat transfer in the snow across large areas within the peninsula. Under a greater increase in temperature snow starts to play a lesser role due to the decrease in the length of the period when snow is present. If we look at the areas where ∆Tg > ∆Ta, these areas comprise 25% and less than 1% for RCP 4.5 and 8.5 respectively. In widespread areas where the permafrost degradation has been initiated and the permafrost table starts to move downwards the difference between ∆Ta (or ∆Ts) and ∆Tg depends on the gradient of the ground temperature above permafrost table. The discrepancy between the rate of air temperature increase and the rate at which the permafrost table moves downwards results in overall larger ∆Ta -∆Tg over larger territory under RCP 8.5 compared to RCP 4.5. This is illustrated in Figure 2.10 where we depict the joint probability distributions p(∆Ta,∆Ts) and p(∆Ta, ∆Tg) for each RCP. These probability distributions indicate how common are the specific ground temperature responses at the surface or at depth with respect to the increase in air temperature. It is equivalent to the relative frequency of occurrence of a specific combination of ∆Ts and ∆Ta (or ∆Tg and ∆Ta) on the peninsula. For RCP 8.5 a denser distribution can be observed for both, ∆Ts and ∆Tg. It also must be noted that there are clear clusters with higher probabilities close to both the lower and the upper limits of the overall range in ∆Ts for both RCPs. The joint probability distributions are formed from all of the grid cells within the study area where the ground temperature was simulated. The rectangles in Figure 2.10 are associated with the 95% spatial variability bounds for the considered scenarios and for different present-day permafrost distribution zones. The discontinuous permafrost zone shows an overall higher increase in both ∆Ts and ∆Tg variability compared to the continuous zone.
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Figure 2.11: Ground temperature sensitivity to the choice of parameter α. Sensitivity of the surface temperature (a) and ground temperature at 2 m depth (b) calculated for a station located in Mixed shrub-sedge tussock tundra ecotype to the parameter α (calibrated value for this ecotype is 1.1).
2.8 Discussion2.8.1 Uncertainties, Limitations and Reliability of Pro jectionsGenerally, uncertainties in modeling of ground temperature dynamics arise from four sources: model physics, its numerical implementation; uncertainty in the model parameters; uncertainty of the boundary conditions; representation of auxiliary processes in the model. The uncertainties associated with the model physics and its numerical implementation are well described and quantified by Nicolsky et al. [2017]. With regards to uncertainties originating from model parameters, in this application we only add one additional model parameter α. The uncertainties and model sensitivity of other model parameters are described in Jafarov et al. [2012] and Nicolsky et al. [2017]. The simple parameterization (2.2) allows us to account for additional snow interception by vegetation or for loss of snow by scouring. Ground temperatures are quite sensitive to the choice of this parameter, as shown in Figure 2.11. The sensitivity of ground temperature to change in α generally decreases with the depth in the soil. However, the decrease in sensitivity depends on the thermal properties of the soil. The uncertainty associated with the choice of parameter α in this application is reduced through the calibration process. By matching the simulated and observed snow depths 
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as well as the ground surface temperatures an optimal value of α is found for each ecotype. This allows to bring the uncertainty associated with the choice of parameter α closer to the uncertainty in snow depth and ground surface temperature data used in calibration.To estimate the uncertainty from model parameters we employ an ensemble approach. For each ecotype considered in this study, first, we run a Monte-Carlo simulation for calibration stations locations considering all 17 model parameters that were calibrated (α,ρws for snow and η, kf and kt for each of the 5 soil layers). The simulations are performed on a sample of 1000 parameter sets per ecotype. The values for parameters are drawn from uniform distributions within the typical ranges, listed in Table 2.1. From each simulation we form a probability distribution of the cost function J(m). Then we form a model ensemble which includes 100 parameter sets with the lowest cost function values per ecotype. The model ensembles for each ecotype are then run for the period 1901-2100 (both the RCP 4.5 and 8.5 scenarios) with three air temperature and precipitation variations within a scenario. These forcing variations for each emission scenarios are developed as the following: for each ecotype air temperature and precipitation for each month is taken from the coldest and the hottest cell (in terms of air temperature) within the ecotype and a spatial mean air temperature and precipitation for the whole ecotype. The results of these ensemble runs are presented in Figure 2.12. Typical range of the ensemble for ground temperatures at 2 m is estimated to be from 1oC to 3oC and varies with ecotype. Maximum variability within an ensemble is found for ensembles of Alder-Willow shrubs, Birch-ericaceous shrubs and Coniferous forests ecotypes forced with the minimal air temperature and for the Barrens, Wetlands and Rock-talus-glacial-snow ecotypes forced with the maximal air temperature. The ground temperature variability within an ensemble is greatly reduced by 2-3oC when the forcing air temperature triggers permafrost degradation, however, the variability increases towards the end of the century. This is due to the fact that when permafrost degradation is initiated a zero-curtain feature occurs within the ground temperature profile and the heat from the atmosphere is spent on melting the ground ice. The amount of the ground ice in soil is controlled only by η and the rate of thawing front propagation is additionally affected by kt. Thus, the ensemble variability in ground temperature at 2 m depth mostly depends on variability in those parameters during the period for which the zero-curtain still exists at 2 m depth.The uncertainty of the boundary conditions cannot be directly estimated for several reasons. For the upper boundary condition, the meteorological station data with long enough records that might be used for the comparison between the historical station data and the gridded climate product are already incorporated, both in the creation of the 0.5o by 0.5o CRU dataset [Harris and Jones , 2017] and in downscaling [Daly et al., 2002]. However, the 
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calibration approach implemented in this study uses weighting that depends on the mismatch between the observed air temperature at calibration stations location and air temperature that is used as an upper boundary condition in GIPL2 (downscaled gridded datasets). Since the stations for which the forcing is closer to the observations are weighted higher, the effect of inadequate upper boundary condition to the choice of the optimal model parameter vector for any given ecotype is reduced. For the lower boundary condition, the estimated error in geothermal heat flux is 0.0415 W/m2 [Davies , 2013]. However, its contribution to the uncertainty in the simulated ground temperatures in the first 20 m can be assumed negligible [Lawrence et al., 2008; Alexeev et al., 2007].Natural processes that may indirectly affect vertical soil heat transfer and thus ground temperatures , but are not explicitly presented in the model such as organic layer dynamics, water movement and vegetation growth and succession, despite contributing to the uncertainty are beyond the scope of this study. However, some of that uncertainty is manifested in the data used for model calibration and evaluation. The similarity between statistical measures of mismatch between the simulated and observed ground temperatures for calibration and evaluation indicates that this uncertainty is partially accounted for in the calibration process. The proper estimation of the contribution of auxiliary processes to the total uncertainty of the ground temperature field is not possible since the model either lacks parameterizations for these processes or incorporates them implicitly in the model parameters through the calibration process. In either way, there is no clear direct path for the uncertainty propagation of this kind, however, small mean biases and RMSE especially for deeper soil layers in model evaluation suggest that the calibration approach implemented in this study provides reliable optimal model parameters and that the assumptions embedded in the model are reasonable.The climate forcing is one of the primary controls of the ground temperature regime at shallow depths. Thus, the uncertainties and limitations inherent to the GCMs which provide climate forcing for future projections are imposed onto ground temperature projections in this study. Reliability of these projections directly depends on the probability of the emission scenarios that these projections are based on. Furthermore, other processes such as changes in vegetation cover due to climate change are not addressed in this study. The current ongoing increase in shrub cover extent [Myers-Smith et al., 2011] which is largely due to an increase in air temperature is likely to continue in the future [Jorgenson et al., 2015]. This will further contribute to the increase in ground temperatures since ecoptypes with shrubs intercept more snow (Table 2.2) thus increasing the ground surface temperature in the winter months. Therefore, the projections provided in this study can be described as conservative. Furthermore, to account for the processes mentioned above and to in-
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Figure 2.12: Ground temperature at 2 m depth for all ecotypes. Ensemble runs (N = 100) for each ecotype were forced with minimum (blue), mean (gray) and maximum (red) air temperature (Ta ) within the study domain for a particular ecotype for both scenarios RCP 4.5 and RCP 8.5. Solid lines correspond to ensemble mean and areas between minimum and maximum of the ensemble are shaded.
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clude permafrost related feedbacks to the atmosphere it would be necessary to use coupled atmosphere-snow-vegetation-soil model or an Earth System model, which is beyond the scope of this study.The approach to modeling ground temperatures in this study has several limitations. The lateral spatial resolution is defined by the resolution of the boundary conditions datasets as well as the resolution of the ecotype map. On one hand, temporal resolution of the ground temperature dynamics is limited by the temporal resolution of the boundary conditions datasets. On the other hand, since the changes in the surface temperature are attenuated and lag with depth, the resulting ground temperature dynamics are usually aggregated on at least an annual timescale to provide any conclusive evidence of permafrost degradation or aggradation. To ensure proper estimation of the model parameters for each ecotype, at least one borehole temperature record per ecotype is required. The thicknesses and configuration of the soil layers for each ecotype require descriptions or photographs of the soil pits in proximity of these boreholes. The ecotype classification itself is limited by the total amount of available ground temperature data used for model parameter estimation for each ecotype and by the variability of surface and soil conditions these data represent. This limitation has manifested itself in the remaining mismatch between the observed and simulated ground temperatures in the calibration process which could not be reduced any further by the data assimilation algorithm. The mismatch depends on the variability of the thermal properties within each ecotype, and an ecotype with a large mismatch may be better split into subtypes for calibration.
2.8.2 Comparison to Other Studies and Results InterpretationOur results suggest higher ground temperatures in the south of the peninsula than those calculated by Jafarov et al. [2012] for 2000-2010. The discrepancy is most likely caused by different soil properties parameterization as well as by the different calibration approach. The parameter sets for the ecotypes in this study are specific to the Seward Peninsula, whereas in Jafarov et al. [2012] the soil parameters are calibrated for a broader domain. Nevertheless, the boundary between the discontinuous and continuous permafrost zones estimated here for the period 2000-2010 is in good agreement with Jorgenson et al. [2008]. Near-surface permafrost coverage within discontinuous and continuous zones defined by Jorgenson et al. [2008] obtained in this study amounts to 70% and 92% respectively, which agrees with permafrost extent zones definitions.
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Another study [Marchenko et al., 2008] simulated mean ground temperatures at the 2 m depth for the peninsula in the year 2000 between -5.0 and -2.5 oC (according to the color gradation in Figure 3A in Marchenko et al. [2008]), which at its upper end is comparable to the spatial average for the peninsula in this study, i.e. -2.5 oC. However, ground temperatures lower than -2.5 oC are widespread in the north of the peninsula in this study. The difference between the values in the studies is most likely caused by the differences in spatial resolution (0.5o by 0.5o in Marchenko et al. [2008]). Comparing the future projections is complicated since the emission scenarios and model forcing based on them in the previous studies are different from the ones utilized in this study. Finally, we note that we do not provide a comparison with the existing global permafrost modeling studies [e.g. Lawrence 
and Slater, 2005; Wang et al., 2019] since it is beyond the scope ofthis study. Furthermore, in most GCMs the soil column is represented only by a few meters depth, which can overestimate temporal temperature variability [Alexeev et al., 2007]. The presented results, if appropriately aggregated, could provide a benchmark for GCM ground temperature evaluations, since the presented simulations provide upscaling of the measured ground temperature across the study area.Our modeling results suggest that under the present-day climate conditions 84% of the Seward Peninsula is underlain by near-surface permafrost. However, near-surface permafrost willbepresent onlyon43%and8%ofthepeninsulaat theendofthe21stcentury forRCP 4.5 and RCP 8.5, respectively. Near-surface permafrost degradation and widespread formation of taliks will lead to the emergence of a perennially functioning supra-permafrost aquifer that will change runoff dynamics of the rivers and creeks on the Seward Peninsula. In addition, projected permafrost degradation will increase the occurrence of the thermokarst processes and together with the change of runoff dynamics will lead to changes in sediment and organic matter discharged to the ocean. Potential changes in carbon cycle across the peninsula due to widespread permafrost degradation are also to be expected. The estimation of these effects is out of the scope of this study, however our results can be used to inform these estimations on a regional scale.In terms of resilience of permafrost in different ecotypes to an increase in air temperature on a 100 year timescale, ecotypes with the lowest initial ground temperatures (Barrens, Graminoid-dominated tundra, Wetlands and Rock-talus-glacial-snow) show the lowest ground temperatures at the end of the 21st century in both RCPs (Figure 2.9, Table 2.4). Among those ecotypes, the amplitude of ground temperature increase is higher for ecotypes representing wetter conditions for RCP 4.5. However, in the case of higher air temperature 
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increase (RCP 8.5) the ecotypes associated with dry hilltops (Barrens, Rock-talus-glacial- snow) experience a higher increase in ground temperature than the ecotypes with wetter surface conditions.The narrowing of the spatial spread in mean annual ground temperatures of an ecotype when the spatial average of the mean annual ground temperature approaches 0oC from negative values (Figure 2.9) can be explained by the zero-curtain effect [Smith et al., 2005; Romanovsky et al., 2010a]. This effect provides some temporal lag that allows for areas under lower than average air temperatures to catch up with the areas under higher air temperatures, given these areas belong to the same ecotype. This is also evident from Tables 2.3 and 2.4 where spatial standard deviations are smaller for average ground temperature values that are closer to 0oC. In addition to the zero-curtain effect, the rate at which the permafrost table lowers as the talik develops plays an important role in the response of soil temperatures to the increase in air temperature. Under RCP 8.5 within widespread areas with newly formed taliks (86% of the peninsula, Table 2.3) the permafrost table slowly lowers. The higher temperature gradients between the shallow permafrost table and the ground surface in areas with newly formed taliks results in overall larger differences between the increase in air and ground surface temperatures and in the ground temperature at 2 m depth under RCP 8.5 than under RCP 4.5 scenarios by the end of the 21st century (Figure 2.10, Table 2.3).
2.9 ConclusionsIn this study we expand the high resolution ground temperature products developed earlier for the North Slope of Alaska [Nicolsky et al., 2017] to the Seward Peninsula. In addition, we added a model parameter to the snowpack sub-model to account for different effects of vegetation on snow accumulation and re-distribution and enhanced an existing data assimilation approach for a better model calibration which is later verified by the model evaluation.Modeling results for the present-day permafrost extent and temperature are generally in agreement with previous studies [Jorgenson et al., 2008; Marchenko et al., 2008; Jafarov et al., 2012] given the difference in the approaches, spatial scales, and climate data utilized. Substantial changes in permafrost are projected for the end of the 21st century. The whole peninsula experiences a steady increase in air temperatures under both RCP 4.5 and 8.5. For RCP 4.5 in the last decade of the 21st century in more than a half of the Seward Peninsula, the permafrost table will be disconnected from the seasonally freezing layer above it or permafrost will not be present at all. However, the areas occupied by more resilient ecotypes 
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in the northern half of the peninsula will preserve near-surface permafrost under a seasonally thawed layer. Under a more extreme scenario RCP 8.5, in the last decade of the 21st century less than 10% of the peninsula will have near-surface permafrost present.The applicability of the modeling approach implemented in this study to other regions and different spatial resolutions depends on the availability of the high-resolution climate data, ground temperature observations available for calibration and evaluation of the model, and high resolution ecotype classification maps. When ground temperature observations do not cover a sufficient number of ecotypes to adequately represent the variability of surface and subsurface conditions on a target resolution, two possibilities can be considered. Approximation of the model parameters for ecotypes where calibration data are absent by model parameters for the equivalent ecotype from an adjacent territory for which a calibration was already done should be considered. If no equivalent ecotype can be found, planning and implementing a ground temperature data acquisition campaign should fill the necessary gaps.
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3 Water balance response of permafrost-affected watersheds to changes in air temperatures2

2 Submitted to Environmental Research Letters as: Debolskiy M., V. Alexeev, R. Hock, R. Lammers.,
A., Shiklomanov, J. Schulla, D. Nicolsky, V. Romanovsky and A. Prusevich (2020), Water balance response 
of permafrost-affected watersheds to changes in air temperatures

3.1 IntroductionAt regional and pan-Arctic scales observations have shown a significant increase in total annual river discharge to the Arctic Ocean as well as significant spatial and seasonal changes in river runoff over the last decades [Shiklomanov et al., 2013; Tan and Gan, 2015; 
Shiklomanov et al., 2020]. Observations of combined river discharge from the six largest Russian north flowing rivers have shown an increase of 7% over the period 1936-1999 [Peter
son et al., 2002], with >70% of the contribution due to higher river flow in winter, although constructed reservoirs in these river basins significantly distort seasonal discharge and complicate our understanding of river flow due to climate variability [Shiklomanov and Lammers, 2009; Stueferet al., 2011]. With effects of reservoir regulation removed, even greater annual runoff increases of 9.4 km3y-1 (13% over 1980-2007) were found [Shiklomanov et al., 2013]. Recent estimates show that the increase in river flow from Eurasia to the Arctic Ocean has continued into the 21st century with the new maximum recorded flow in 2007 [Holmes et al., 2016]. River flow has also increased in North America at a rate of 0.9 km3y-2 (7% over 1970-2010) for Mackenzie, Yukon, Peel and Back [Shiklomanov and Lammers, 2011] and by 8.4 km3y-1 (18% over 1989-2013) for all rivers in northern Canada [Dery et al., 2016]. The most recent assessment of observed river flow to the Arctic Ocean from Eurasia and North America shows a 5.1 km3y-1 or 9% increase in total influx over 1964-2015 [Deery et al., 2016; 
Holmes et al., 2018].Atmospheric moisture transport and associated precipitation patterns play a major role in runoff generation and its changes can significantly alter the hydrological regime of rivers flowing to the Arctic Ocean. However, aggregated over the Arctic and large river basins, annual precipitation, which is typically the most important water balance component for runoff generation, does not show a significant change to support the observed increasing trend in annual river flow [Berezovskaya et al., 2004; Adam and Lettenmaier, 2008; Bring 
and Destouni, 2011; Bring et al., 2016]. The most consistent and significant increase in river flow throughout the Eurasian pan-Arctic is observed during the cold season [Shiklomanov 
et al., 2013; Tananaev et al., 2016]. Similar tendencies in winter discharge were found in northern North America [Deery et al., 2016]. Some increase in snowfall during fall and early winter in Siberia [Wegmann et al., 2015] and in the Canadian Arctic [Kopec et al., 2016]

49



associated with sea ice decline can partly explain increases in spring river flows but not an increase in winter flow. In contrast to precipitation, the increase in air temperature across the pan-Arctic has been widely and consistently documented [Biskaborn et al., 2019]. The air temperature rise leads to significant changes in the regional cryosphere with corresponding impacts on the hydrological regime.

Figure 3.1: Decadal differences (2008-2018 and 1970-1980) of annual cycles of (a) air temperature, (b) precipitation and (d) runoff; (c) decadal average annual runoff cycles. Monthly meteorological variables are from Harris et al. [2014] and spatially averaged over the watershed (Little Chena 970 km2, Interior Alaska).
At finer scales, an example of a small non-mitigated watershed in the North American permafrost zone with a long discharge record (Little Chena Creek, Figure 3.1, runoff data were obtained at https://nwis.waterdata.usgs.gov/) shows significant changes in runoff over the last 40 years. This increase cannot be fully explained by an increase in precipitation as the runoff increase was two times higher. On the other hand, the watershed experienced a significant change in air temperatures which is most pronounced in the winter. Since winter 
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temperatures do not significantly influence annual water balance at the surface directly, an alternative explanation of how the trend in winter temperatures can be related to the trend in runoff is required.Permafrost, defined as a layer of soil that stays below 0oC for more than two consecutive years [Muller , 1945; Subcommittee , 1988] underlays approximately 24% of the exposed land in the Northern Hemisphere [Zhang et al., 1999; Brown et al., 2002]. The recent rise in air temperature in the Arctic and sub-Arctic regions resulted in widespread thawing and degradation of permafrost [Romanovsky et al., 2017]. Many local and regional studies have highlighted the effect these changes in permafrost can have on catchment-scale water balance [Woo et al., 2008; Connon et al., 2014; Walvoord and Kurylyk , 2016; Tananaev et al., 2016] providing a plausible explanation for increases in runoff as winter air temperatures rise. Permafrost acts as an impermeable hydrological barrier reducing soil water storage capacity and constraining subsurface flow [Woo et al., 2008; Walvoord and Kurylyk , 2016; Tananaev et al., 2020] thus exerting a major control on runoff processes and the interaction of surface water and sub-surface water storage [Rawlins et al., 2019]. However, a clear quantitative assessment of the role of permafrost thaw on the observed increases in river flow is still missing. Comprehensive reviews of recent advances in permafrost hydrology are given by Woo et al. [2008]; Walvoord and Kurylyk [2016]; Fabre et al. [2017] and Tananaev et al. [2020]. To translate the conceptual understanding of how coupled subsurface heat and moisture transfer influences the terrestrial hydrological cycle into quantitative estimates of this influence a large number of modeling studies have been performed in recent years [e.g. McKenzie and Voss, 2013; Frampton et al., 2013; Evans and Ge, 2017; Lamontagne- Halle et al., 2018]. However, these studies do not include dynamic near surface hydrological processes (evapotranspiration, surface runoff, interflow generation) or resolve only moisture transport within the saturated zone.In this study we perform controlled numerical experiments with a detailed, physically- based hydrological model [Schulla, 1997] in a hypothetical watershed to investigate in a controlled way how surface water balance is altered by a transition from frozen to thawed soil conditions and vice versa. We hypothesize that even in the absence of increased precipitation, air temperature-driven increases in permafrost degradation can lead to significant river flow increases due to enhanced subsurface moisture transport. This, in turn, leads to a drier near-surface soil causing a decrease in evapotranspiration. We hypothesize that this process could be acting over large regional scales and could have a significant contribution to the overall river flow increases observed in recent years in the Arctic. To explore this hypothesis and understand the sensitivity of the results we perform model experiments with varying soil saturated hydraulic conductivity. In addition, we investigate the differences in 
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simulations with and without the temperature-dependent lateral subsurface moisture transport within the saturated zone. The controlled model experiments are designed to isolate the effects of permafrost degradation and aggradation on the watershed's water balance. We aim to achieve this isolation by distributing the changes in air temperature solely to the cold period within the year. This allows us to keep potential evapotranspiration and liquid/solid precipitation partitionining constant within the year.
3.2 Methods 3.2.1 Model descriptionWe use the Water Flow and Balance Simulation Model (WaSiM), a well-established and widely used tool for simulating the spatial and temporal variability of hydrological processes in complex river basins WaSiM [Schulla , 1997]. The model is distributed, deterministic, and physically based. The governing equations and their numerical approximations are described fully in Schul la [2019]. Here, we describe those most relevant for the scope of this study. For each cell heat transfer within the entire soil column and moisture transfer within the unsaturated zone are modeled in one dimension vertically. Lateral surface and subsurface (in the saturated zone) water transport between the cells are modeled separately. The vertical movement of water in the unsaturated part of the soil column is described by the Richards equation:

where Θ is volumetric soil water content (m3 · m-3 ), t is time (s), K is hydraulic conductivity (m · s-1 ), Ψ(Θ) is soil water potential (m), z is depth below the ground surface (m). The function Ψ(Θ) is modeled using the Van Genuchten-Mualem parameterization [Van Genuchten , 1980]

Θs is the volumetric soil water content at saturation (m3m-3) and Θr is the residual water content (m3 · m-3) at K(Θ) = 0. K(Θ) is parameterized by
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where α (m 1) and n (-) are the Van Genuchten parameters and m =1 — n, θ is relative saturation (-) defined as



where Ks is saturated hydraulic conductivity (m · s-1). The upper boundary condition is provided by the vertical moisture flux from the surface (from liquid precipitation or snow melt). The lower boundary condition comes from iterative balancing of vertical fluxes between the solution of the Richards equation and the solution for the lateral flow in the saturated zone which is modeled by a numerical solution of Darcy's law for an uppermost unconfined aquifer: 
where S0 is the specific storage coefficient (m3 · m-3), h is hydraulic head (ground water table elevation (m) for unconfined conditions), k is transmissivity (m2 · m-1). This right hand side consists of divergence (∂χ, ∂y) ' and gradient ^J∂χ, ∂0 in lateral Cartesian coordinates (x, y). Boundary conditions (lateral) are assumed to be zero flux in this study, but are adjustable in the model.The heat transfer in soil which is crucial for permafrost regions is implemented by numerically solving the one-dimensional heat equation in the vertical direction: 
where Ceff (Θ, Ts) is effective heat capacity (J∙m-3∙K-1) which includes phase change energy, Ts is soil temperature (K) and λ(Θ, Ts) is the effective thermal conductivity (W · m-1 · K-1). The equation is solved for the entire soil column (saturated and unsaturated zones). The upper boundary condition is set by the temperature at the ground surface (calculated by the snow heat transfer submodule or a n-factor approach) and the lower boundary condition is given as a constant geothermal heat flux. Solution of (3.6) includes estimation of the liquid water fraction Sl(Θ, Ts) which is used to couple heat transfer with vertical and lateral water transport. The former coupling is done by substituting θ in (3.4) with Sl · θ. Coupling with (3.5) is accomplished by adjusting the transmissivity k. If soil temperatures are not considered, for an unconfined aquifer, k can be estimated by 
where Kxy is the saturated hydraulic conductivity in lateral directions (m · s-1) and Hb the elevation of the bottom of the soil column. Generally, frozen ground largely inhibits any water movement since only a small fraction of the water content remains liquid. Therefore, we modify 3.7 to
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where Ξ() is a Heaviside step function and Str is a threshold value for liquid soil water fraction (Sl , usually ≈ 0.9). This modification provides a reduction of the transmissivity when the aquifer is partially frozen. If the entire aquifer is frozen little to no lateral water movement will occur.WaSiM provides an array of parameterizations of the processes involved in surface water balance that provides top boundary conditions for the Richards and heat equations and deal with surface energy and water balance. In this study, since we consider multi-century time-scales, we employ simplified approaches for runoff generation and routing as well as for evapotranspiration. For runoff generation three runoff components (mmd-1 ) are distinguished
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where hf is the thickness of the frozen soil within the aquifer (m). hf is defined by

where R is total runoff, Rs is surface runoff (infiltration excess from liquid precipitation and snow melt), Ri is interflow (slope-induced seepage in the unsaturated zone) generated in the upper soil column (up to 3 m deep) and Rb is baseflow (exfiltration of ground water into the rivers). Runoff from each cell is then routed by a kinematic wave approach (inverse Manning formula) that involves subscale river channels. Evapotranspiration is derived from potential evapotranspiration (Epot) based on the Hamon parameterization [Hamon , 1961]. This approach is chosen since it only depends on air temperature and does not require additional forcing variables (radiation, turbulent fluxes, etc). Epot is split up into potential transpiration (Etr,pot ) and potential evaporation (Eev,pot ) according to vegetation cover fraction (portion of the cell area covered by vegetation). Actual evapotranspiration (Eact ) is calculated as the sum of actual transpiration (Etr,act ) and evaporation (Eev,act ). Etr,act is withdrawn from the soil within the root zone (0.4 m deep in this study) according to:
where zr is depth of the root zone (m), fr is a reduction factor (-) due to soil moisture availability (dryness stress) and dr (fr , z) is effective root density distribution (-). The numerical implementation of dr includes calculation of compensation from lower parts of the root zone due to dryness stress in the upper parts. The difference (Etr,un ) of calculated Etr,act and Etr,act for which no dryness stress is applied in 3.11 is included in the calculation of actual evaporation:



Table 3.1: Numerical experiments performed on the idealized watershed. “Warming“ and “Cooling“ refer to an atmospheric warming and cooling scenario, respectively (see text for details).
Ks = Kxy , ms-1 a 1-Db 2-DbHigh (10-5 )Medium (10-6 )Low (10-7 ) WarmingWarmingWarming CoolingCoolingCooling WarmingWarmingWarming CoolingCoolingCooling
a saturated hydraulic conductivity, see Equations 3.4 and 3.8 
b See Figure 3.2

where ze is maximum evaporation depth. This parameterization assumes that evaporation energy dissipates linearly with depth. Together, precipitation, evapotranspiration and runoff form a watershed-wide water balance:
Where ∆S is a change in subsurface water storage (mm · d-1 ). In this study we consider annual means of the water balance and its components.
3.2.2 Model experimentsTo investigate how permafrost degradation and aggradation fundamentally influences the water balance of small Arctic watersheds we perform 12 idealized numerical experiments with WaSiM varying soil saturated hydraulic conductivity, lateral subsurface flow and atmospheric forcing (Table 3.1) . The experiments are applied to a hypothetical watershed defined by a uniform slope of 1o over a length of 4000 m and a uniform width of 250 m (1 km2 ) with a single river channel along the slope (Figure 3.2). All experiments assume homogeneous soil texture with no anisotropy for the entire 70 m deep soil column and the same vegetation type (tussock tundra) and associated model parameters.We perform numerical experiments for three values of saturated hydraulic conductivity (Ks ). These are chosen to encompass the range of drainage conditions typically encountered in continuous permafrost soils in the Arctic. For all experiments we consider isotropic conditions (Ks = Kxy ). For each of these cases we run two experiments: (1) We consider a 1-D case with only vertical subsurface water transfer, i.e. the entire watershed is represented
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Figure 3.2: Two model configurations for the hypothetical watershed. 1-D corresponds to a single cell configuration with no lateral subsurface flow. 2-D corresponds to 16 cell configuration with subsurface lateral flow.
in the model by one single grid cell (Figure 3.2). Hence, no interactions between the river channel and groundwater table are possible within the watershed; therefore runoff is only generated as surface runoff and interflow. These experiments allow us to estimate the watershed response in the same manner as most land and earth system models do, which include heat and moisture transfer in soil only in the vertical direction. (2) We consider a 2-D case where subsurface water transfer is possible in both the vertical and horizontal direction along the slope (Figure 3.2). The 1 km2 watershed is divided into 16 grid cells (250 x 250 m). In both cases vertical spacing between layers ranges from 0.08 m (upper soil) to 0.5 m (deep soil). At the lateral boundaries we assume zero flux conditions. In this configuration explicit interactions between river channel and ground water table are possible, i.e. baseflow can be generated in addition to surface runoff and interflow. The geometry of our setup is similar to the idealized slopes and watersheds simulated in other studies [McKenzie and Voss , 2013; 
Evans and Ge, 2017; Lamontagne-Halle et al., 2018].The model is forced by near-surface air temperature (Ta) and precipitation (P ) data. For each of the six model configurations described above we apply two atmospheric forcing scenarios: a warming scenario leading to permafrost degradation and a cooling scenario causing permafrost aggradation. Forcing scenarios are constructed by a linear transition (Figure 3.3) of air temperature over 100 years between two steady climates, referred to as a “cold“ climate and a “warm“ climate (Figure 3.3). The “cold” climate represents current 
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conditions and consists of annual cycles of air temperature and precipitation that are derived from averaging spatial means ofthe Central Interior Alaska climate division (over period 1970 to 2018) from the Climate Research Unit (CRU) dataset [Harris et al., 2014]. Mean annual air temperature is -4.8 oC and annual precipitation is 340 mmy-1 . We chose these data for our atmospheric forcing to ensure that under cold conditions permafrost is present in the hypothetical watershed (mean annual ground surface temperature is -1.7 oC) and the watershed is not too cold so that the transition to the “warm“ climate is within reasonable range. The resulting monthly annual cycles (Figure 3.3) are interpolated to the model's time step (30 min) with the first four Fourier coefficients. A linear adjustment is applied to ensure a smooth transition from one year to the next i.e. the beginning and the end of two consecutive annual cycles have the same Ta and P ) .

Figure 3.3: Model atmospheric forcing. Annual cycles (top) of near surface air temperature and precipitation during the “cold“ (current) and “warm“ climate. Only winter temperatures are altered between the “cold“ and “warm“ climate while the annual precipitation cycle is assumed identical for both climates. Time series of air temperature (bottom) transitioning over a 100 year period from a steady “cold“ climate to a steady “warm“ climate. Also shown are winter (defined as season when air temperatures are negative), summer (positive air temperatures) and annual means. The case of the transition from steady 'warm' climate to a steady 'cold' climate is not shown but derived analogously.
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The annual cycle of the “warm“ climate is obtained by multiplying the half-hourly air temperatures of the “cold“ climate with the following coefficient c (-) :

where μ(Tα,c) denotes the “cold“ climate's mean annual air temperature, and ∆T the mean temperature difference between “cold“ and “warm“ climates. By increasing the air temperature in this manner we ensure that the summer (period with positive air temperatures) temperatures and summer timing are the same for both “cold“ and “warm“ climates (Figure 3.3). Thus, the snow melt starts at the same time and potential evaptranspiration is the same for both climates. The annual cycle of precipitation is assumed equal in both scenarios. We apply ∆T = 7.5oC to ensure that permafrost is absent in most of the soil column (mean annual ground surface temperature is 2.8 oC) in the “warm“ climate.Warming and cooling scenarios are then defined by a linear transition between “cold“ and “warm“ steady climates and vise versa (Figure 3.3). The transition spans n = 100 years and air temperature (Ta(t, i)) at any given time t : t ∈ [0, 1] (normalized time within a calendar year) and year i : i = 1, 2, 3, . . . , n within the transition is derived as:

where Ta,w(t) and Ta,c(t) are near surface air temperatures in the “warm“ and “cold“ climates, respectively. The length of the transition period is chosen to be 100 years in order to ensure a reasonable time for calculations and a sufficiently small year to year change in air temperature during the transition. The choice of ∆T (Equation 3.14) and a resulting rate of change during the transition period (0.075 oCy-1) is consistent with the slope of linear trend for average air temperature during the cold period in the continuous permafrost zone [Brown et al., 2002] and in the Central Interior Alaska climate division [Bieniek et al., 2012] 0.06±0.02 oCy-1 and 0.07±0.01 oCy-1 (spatial mean ± spatial standard deviation) respectively (calculated from CRU dataset [Harris et al., 2014] over 1970-2018 time period).For all six model configurations (regardless of the forcing scenario) the model is initialized at the start of the hydrologic year (1 October) with a uniform soil temperature distribution equal to the mean annual ground surface temperature for the “warm“ climate (2.8 oC) and a ground water table at 10 m depth (soil column above is completely dry). The bottom boundary condition for heat transfer is set to a constant heat flux of 0.085 W m-2. The model



Table 3.2: Water balance and runoff components under the 1-D catchment configuration (see Figure 3.6 for details) for cooling and warming scenario and high, medium and low saturated hydraulic conductivity (Ks, see Table 3.1 for values). All values are based on the annual means of evapotransipration (Eact) , runoff (R), interflow (Ri) and surface runoff (Rs).
Variable Cooling WarmingHigh Ks Medium Ks Low Ks High Ks Medium Ks Low Ks

∆b 25 24 12 -25 -24 -12Eact Range c 25 24 12 25 25 12Trend d -0.6 -0.7 -0.5 0.5 0.7 0.4∆ -25 -24 -12 25 24 12R Range 127 110 28 75 81 40Trend 2.3 2.4 1.0 -1.4 -1.8 -1.0∆ -25 -36 -80 25 36 80Ri Range 127 121 96 75 81 80Trend 2.3 2.3 3.4 -1.4 -1.8 -2.3∆ 0 12 68 0 -12 -68Rs Range 1 12 70 1 12 70Trend 0.0 -0.3 -2.4 0.0 0.2 1.7
b Difference between the end and the start of the simulation (mmy-1) 
c Difference between the maximum and the minimum value (mmy-1) 
d Maximum absolute value of the 30 year running trend (mmy-2)

is then spun up for 1000 years under “warm“ climate conditions to reach an equilibrium state. After the spin up the model is forced with a cooling scenario. The end state of the cooling scenario is then used as the initial condition for the warming scenario. Both scenarios consist of 100 years of steady climate, 100 years of transition, and 900 to 1400 years of the opposite steady climate. The length of the simulation depends on when the relative difference in the decadal averages of soil temperature and moisture distributions of two consecutive decades is no greater than 10-3.
3.3 Results3.3.1 Water balance componentsUnder the warming scenario all three Ks cases experience an increase in total runoff (R) concurrent with a decrease in evapotranspiration (Eact ) . These changes are most pronounced with higher Ks (Table 3.2). The new “warm“ steady evapotranspiration is reached when the transition ends regardless of the Ks (Figure 3.4). Total runoff reaches new equilibrium values shortly after the transition period (10-15 years). In the high Ks case, changes in total runoff are solely due to the increase in interflow (Ri), while the surface runoff (Rs) remains

59



the same. As Ks decreases, the increase in interflow grows. Surface runoff drops in the medium and in particular the low Ks case but remains constant in the high Ks case. After the transition surface runoff is the same for all three cases.

Figure 3.4: Water balance components for 1-D simulations. Ta is air temperature, Eact is annual actual evapotranspiration, R is total annual runoff, Ri is annual interflow and Rs is annual surface runoff. Shaded area marks the transition period from a warm to a cold climate (left panels) and vice versa (right panels) and dashed vertical line marks the year when mean annual air temperature crosses 0 oC . Results are shown for three saturated hydraulic conductivity (Ks ) values (Table 3.1).
For all three Ks cases, total runoff shows a temporary spike roughly 95 years in the transition. This peak is caused by a rapid increase in interflow coinciding with a rapid increase in liquid soil moisture (through talik development) at 0.4-3 m depth (Figure 3.5). Soil moisture in the upper 0.4 m of the soil (where surface runoff and evapotranspiration are withdrawn) decreases smoothly throughout the whole transition period. While the moisture content for the upper most layer (up to 0.08 m) does not change in the case of high Ks , for the other two cases it decreases significantly within the transition period facilitating a decrease in surface runoff. 60



Figure 3.5: Mean annual volumetric soil moisture content (Θ) averaged for 0 to 0.4 m (evapotranspiration, surface runoff) and 0.4 m to 3 m (interflow, baseflow) for warming and cooling scenarios and three saturated hydraulic conductivity (Ks) values (Table 3.1) in 1D configuration. Liquid and frozen components are stacked. Shaded area shows transition period between steady climates with vertical dashed line marking the year when mean annual air temperature crosses 0oC.
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Under the cooling scenario all variables return to the initial values of the warming scenario (Table 3.2), however the steady-state values of evaptranspiration and total runoff are generally reached faster, and in the cases with lower Ks well before the end of the transition period. In addition, a rapid drop in total runoff and a subsequent increase can be observed in the first 30 years after the onset of the transition (Figure 3.4). The underlying reason for this behavior is the rapid drop in interflow. This is a direct consequence of the fact that freezing starts from the top. As soon as an initial perennially frozen layer is established the underlying soil withing the inteflow generation layer (3 m deep) freezes rapidly while the freezing front propagation slows down with depth. In the deeper layers where interflow is generated, the soil moisture perennially freezes reducing the volume of total liquid moisture available for the interflow generation to only the seasonally thawed layer. On the other hand, the near-surface soil layers where the moisture is spent on evaptranspiration and surface runoff the soil becomes wetter throughout the year (Figure 3.5). The most pronounced hysteresis between cooling and warming can be observed in the case of medium Ks where it takes over a 100 years for the watershed to reach a new equilibrium state.
3.3.2 Water Balance Components in 2-D caseOverall, the experiments with increased model complexity (2-D simulation, Figure 3.6) show similar behavior to the corresponding 1-D simulations (Figure 3.4). The “warm“ and “cold“ steady water balances have similar differences for evapotranspiration and total runoff (Table 3.2). However, since in the 2-D simulations the runoff generation is represented with three mechanisms: surface, interflow and baseflow (Rb); instead of two in the 1-D simulations(only surface and interflow), the transition between two “steady“ regimes have different timescales and short-term magnitudes. The evolution of spatially averaged (along the slope) soil moisture, temperature and liquid fraction are similar to those of the 1-D cases.In warming scenarios evapotranspiration in the 2-D cases follows the same patterns as in the 1-D cases in terms of the long term change and the transient changes and are closer in magnitude for all Ks cases. In contrast, runoff exhibits a significantly different transient behavior (Figure 3.6). The differences in timing of the short-term peak in runoff are greater in the 2-D case. In the high Ks simulation the peak is preceded by a short-term drop in total runoff. For the other two Ks cases this drop is small and the peak is mostly due to the rapid increase in baseflow, while in the high Ks case the baseflow gradually increases over 1200 years after the transition to the “warm“ climate. In addition, the overall length of the period when the surface water balance is not at equilibrium (non-zero change in subsurface storage) is longer (up to 300 years) than for the experiments with the 1-D configuration. As
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Table 3.3: Water balance and runoff components under the 2-D catchment configuration (see Figure 3.6 for details) for cooling and warming scenario and high, medium and low saturated hydraulic conductivity (Ks , see Table 3.1 for values). All values are based on the annual means of evapotransipration (Eact ), runoff (R), interflow (Ri ) and surface runoff (Rs ).
Variable Cooling WarmingHigh Ks Medium Ks Low Ks High Ks Medium Ks Low Ks

∆b 25 24 12 -25 -24 -12Eact Range c 25 24 12 25 25 13Trend d -0.6 -0.7 -0.5 0.5 0.6 0.4∆ -25 -24 -12 25 24 12R Range 150 90 67 55 44 30Trend -3.3 1.4 0.7 1.7 -0.8 -0.9∆ 32 35 6 -32 -35 -6Ri Range 150 94 47 50 75 32Trend -3.5 -2.7 -1.1 1.9 2.8 1.2∆ 0 10 69 0 -10 -69Rs Range 1 10 69 1 10 69Trend 0.0 -0.3 -2.4 0.0 0.2 1.8∆ -57 -69 -87 57 69 87Rb Range 60 70 113 60 90 88Trend 0.3 1.9 3.7 -0.4 -3.2 -3.6
b Difference between the end and the start of the simulation (mmy-1) 
c Difference between the maximum and the minimum value (mmy-1) 
d Maximum absolute value of the 30 year running trend (mmy-2)
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the heatwave from increased air temperature propagates into the deeper soil it allows for soil moisture to engage in interflow generation more effectively similar to the 1-D configuration. However, as soon as the the saturated zone begins to thaw and lateral subsurface transport becomes more effective due to the k(T) relationship (3.8). The interflow generation decreases and the baseflow starts to dominate in total runoff. In the most extreme case (high Ks) this takes over 900 years (while the change in storage stays at zero). This switch between interflow and baseflow occurs due to the increased downward soil moisture flux in the upper part of the slope since the water in the saturated zone is now allowed to move laterally down the slope. This increased downward flux leaves the upper 3 m of soil where interflow can be generated with less soil moisture. In the lower part of the watershed the extra water provided by lateral movement is exfiltrated into the river channel thus generating baseflow. Surface runoff behaves similarly to the experiments with 1-D configuration.Under the cooling scenario we observe a similar behavior where long-term changes in evapotranspiration and surface runoff in the 2-D configuration are similar to those in the 1D configuration. In contrast, total runoff, though showing similar overall long-term change between steady climates, exhibits a significantly different transient behavior than in 1-D configuration, especially for the case of high Ks. Instead of a sharp drop in total runoff, we observe a slight drop followed by a significant increase that later gradually recesses to the steady “cold“ value. For the two other Ks cases the total runoff behavior differs from 1-D configuration experiments in terms of the magnitude of the initial drop in total runoff (Tables 3.2 and 3.3). The transient behavior in the high Ks case is due to the long smooth recession of the baseflow and a sharp increase in the interflow near the time when mean annual air temperature crosses 0oC. These changes are caused by the establishment of the newly formed frozen layer that reduces the influx from the soil surface to the deeper soil. However, since the deeper layers are gradually freezing from the top, soil moisture in the previously thawed unconfined aquifer underneath the freezing front is still allowed to move laterally. The aquifer slowly freezes and decreases the amount of the stored water until all lateral subsurface transport is shut down and baseflow can no longer be generated.
3.3.3 Equilibrium water balance regimes under steady conditionsTotal annual evapotranspiration and total runoff for steady “warm“ and “cold“ climates in the 2-D experiments differ by less than 0.5% from the respective values in 1-D experiments. In both, 1-D and 2-D simulations the water balance regime in the “warm“ climate is characterized by higher annual runoff and lower evapotranspiration compared to the “cold“ climate due to better connectivity between near-surface soil layers and deeper soil. The
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Figure 3.6: Water Balance components for 2-D simulations. Ta is air temperature, Eact is annual actual evapotranspiration, R is total annual runoff, Ri is annual baseflow, Ri is annual interflow and Rs is annual surface runoff. Shaded area marks the transition period from a warm to a cold climate (left panels) and vice versa (right panels) and dashed vertical line marks the year when mean annual air temperature crosses 0 oC. Results are shown for three saturated hydraulic conductivity (Ks) values (Table 3.1).
differences range from ≈6 to ≈20% for the evapotranspiration and ≈7% to ≈14% for the total runoff (Table 3.2 and Figures 3.4 and 3.6). The difference in the connectivity is also apparent in the annual cycle of the near-surface soil moisture (Figure 3.7). Under the “cold“ regime, due to overall higher moisture content in the upper 0.4 m of soil, the total volume of liquid water available for evapotranspiration is higher. In addition the soil between 0.4 and 3m is mostly frozen so that interflow generation at these levels is suppressed. Under the “warm“ regime the total soil moisture is lower in the upper 40 cm and the amount of available water for evapotranspiration during summer is reduced. Although the average annual water content for the depth between 0.4 and 3 m is generally lower under the “warm“ regime, this moisture is perennially liquid and is always available for interflow generation.
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Figure 3.7: Annual cycles of volumetric soil moisture content (Θ) averaged for 0 to 0.4 m (evapotranspiration, surface runoff ) and 0.4 m to 3 m (interflow, baseflow) for steady “warm“ and “cold“ climates and three saturated hydraulic conductivity (Ks ) values (Table 3.1) in 1-D model configuration. Liquid and frozen components are stacked.
With regard to changes to total soil moisture storage significant differences between 1-D and 2-D cases can be observed (Table 3.4). Though the upper soil layers (up to 3 m deep) have similar differences between “cold“ and “warm“ regimes for both 1-D and 2-D cases, the deeper soil layers (below 3 m) have significantly different values between 1-D and 2-D cases. This distinction between 1-D and 2-D configuration is most prominent in the case of high Ks . This is due to significantly lower water storage in the “cold“ state, since after the establishment of the impermeable frozen layer during the cooling scenario the moisture stored in the lower soil column is still allowed to move and generate runoff before the soil column is mostly frozen and no lateral subsurface flow is present. This effect decreases in magnitude as Ks decreases.
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Table 3.4: Difference in mean annual specific soil moisture storage (mm m-2) between “cold“ and “warm“ quasi-steady states for different model configurations and depths.
Depth (m) 1-D 2-DHigh Ks a Medium Ks Low Ks High Ks Medium Ks Low Ks0 to 0.4 24 30 44 24 30 440.4 to 3 466 435 162 373 179 1003 to 70 -965 -925 -411 -4040 -1880 -70Total -475 -460 -205 -3643 -1671 74
a see Table 3.1 for values

The difference in the subsurface connectivity between the “cold“ and “warm“ regimes is also reflected in the annual runoff cycles (Figure 3.8). Almost the entirety of the surface runoff contribution to the annual water balance for all model configurations, Ks cases and forcing scenarios occurs in the beginning of the warm period and consists mostly of snow melt water. Under the “cold“ climate only medium and high Ks have significant summer and early fall runoff that consists entirely of interflow and no runoff is present in winter months for all cases. Under the “warm“ regime on the other hand, the runoff persists during the winter for all cases and the snow melt peak of surface runoff is significantly lower. The difference between 1-D and 2-D model configurations is most apparent in the medium Ks case where towards the end of summer interflow is replaced by baseflow and regains its dominant position until the end of the winter. In the case of high and low Ks baseflow is consistent throughout the year.In terms of runoff components, the “warm“ regime for 1-D cases is dominated by interflow where it constitutes ≈60 to ≈70% of the total runoff with it's contribution increasing with Ks. In the “cold“ climate interflow contribution in both 1-D and 2-D (no baseflow occurs in the “cold“ climate) configurations is decreased. Most significantly in the low Ks case where interflow contributes to only ≈10 of the total runoff. Under the “warm“ climate in 2-D configuration interflow represents ≈10 to ≈40% of the total runoff and baseflow represents ≈30 to ≈60%.In terms of the thermal regime under the steady climates we observe no significant difference between different Ks cases and model configurations (Figure 3.9). However, due to the differences in annual cycle of the soil moisture (Figure 3.7) the effectiveness of the heat transfer in the upper soil column changes with the Ks. With increasing Ks and decreasing soil moisture the ratio between summer and winter thermal conductivity also increase both under the “cold“ and “warm“ steady climates. In addition, in all cases, under the “cold“ climate this ratio is lower which results in a larger thermal offset (difference between the ground
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Figure 3.8: Annual runoff cycles at steady climates. Runoff components are stacked. Results for three saturated hydraulic conductivity (Ks, Table 3.1) values and the 1-D and 2-D model configuration (Figure 3.2).
surface temperature and ground temperature at the bottom of seasonal freezing/thawing). This increased thermal offset allows for permafrost temperature at the depth of zero annual amplitude to be lower by 1.3 oC than ground surface temperature and also contributes to less time needed for the watershed to reach steady state under the cooling scenario.
3.4 DiscussionIn our numerical experiments we isolate the mechanism of temperature dependent moisture transport which, we hypothesize, is the main mechanism that allows for higher runoff under warmer climate conditions. This isolation is achieved by keeping summer air temperatures and annual precipitation constant while only the winter temperatures are allowed
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Figure 3.9: Mean annual ground temperature profiles with annual minima and maxima (top), ratio of the summer (λs) and winter (λw ) thermal conductivity (middle) and mean annual soil moisture (Θ) profiles with annual minima and maxima (bottom) for “cold“ and “warm“ steady climates. Results for three saturated hydraulic conductivity (Ks ) values (Table 3.1) in the 1-D model configuration.
to change. Other studies that investigated the reaction of subsurface flow to the increase in air temperature [e.g. McKenzie and Voss , 2013; Frampton et al., 2013; Evans and Ge, 2017; Lamontagne-Halle et al., 2018] have utilized a constant increase in air temperature throughout the year. The distribution of the air temperature increase within a year over long time periods does not play a significant role on the heat conduction in the soil due to the difference in the time scales of the changes. In addition, other studies utilized constant or periodic functions of pressure heads and/or recharge flux at the soil-atmosphere interface (consistent with our assumption of constant annual precipitation) which does not consider moisture-dependent evapotranspiration. Thus, in contrast to those studies, our experiment setup allows us to evaluate the watershed's response to air temperature increase not only in terms of groundwater discharge but all water balance components (3.13).
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The similarity of the long-term water balance response of the simulated watersheds in 1-D and 2-D model configurations suggests that the application of simpler and less computationally intensive models that do not consider lateral subsurface transport can produce sufficient estimates of the changes in water balance due to changes in climate over millennial time scales. However, the differences in the watershed's behavior on smaller timescales is drastically different for 1-D and 2-D cases. This suggests that 1-D coupled soil heat and moisture transfer schemes often used in Earth System Models and Land Models [Andresen 
et al., 2020] might be sufficient for long-term predictions but will most likely incorrectly predict changes in water balance on smaller time scales. In addition, significant differences in the annual runoff cycle may occur due to the different recession time scales of different runoff components, considering the fact that baseflow is only generated when lateral subsurface transport is considered (e.g. medium Ks case, Figure 3.8) even though the total annual runoff remains the same. However, the general picture is consistent with observations (Figure 3.1 and Figure 3.8) given that real watersheds incorporate more contributing factors (precipitation, summer temperatures change, anisotropic and heterogeneous soils, etc).In contrast to other modeling studies [e.g. McKenzie and Voss, 2013; Frampton et al., 2013; Evans and Ge, 2017; Lamontagne-Halle et al., 2018], we spin up the model under a “warm“ climate rather than initializing or spinning up the model under “cold“ climate (most often with fully saturated soil). Instead, we achieve a “cold“ equilibrium state by performing cooling experiments. This allows us to avoid overestimation of the increase in subsurface runoff generation under warming scenarios caused by the extra soil moisture “trapped“ in the permafrost. In this study we do not consider Yedoma (late Pleistocene ice- and organic- rich silty sediments) or other massive ground ice formations that are typically found on the flat terraces and flood-plains of the major Arctic rivers [Strauss et al., 2013] where excessive subsurface water storage is apparent. Instead, our experiments can be interpreted as typical conditions for the large non-flood-plain regions of the drainage basins. Overall, however, the issue of the ground ice distribution across the Arctic and associated excess water still remains highly uncertain [Hugelius et al., 2014].Similar to the other long-term modeling studies [e.g. McKenzie and Voss, 2013; Frampton 
et al., 2013; Evans and Ge, 2017; Lamontagne-Hallee et al., 2018] we do not consider dynamic vegetation cover in our numerical experiments. Changes in vegetation due to air temperature and soil moisture can significantly alter the transpiration demand [Raz-Yaseef et al., 2017; 
Zhang et al., 2018; Sabater et al., 2020] as well as the surface heat and moisture fluxes [Liston 
et al., 2002; Thompson et al., 2004; Jafarov et al., 2018]. However, generally, vegetation succession is mostly dependent on the summer air temperature [Epstein et al., 2013; Pearson 
et al., 2013] while in this study we only consider changes in winter temperatures .
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Our results agree well with those from similar modeling studies [e.g. McKenzie and Voss, 2013; Frampton et al., 2013; Evans and Ge, 2017; Lamontagne-Halle et al., 2018] as well as with conceptual understanding [e.g. Walvoord and Kurylyk, 2016; Tananaev et al., 2020], observations [e.g. Connon et al., 2014; Niu et al., 2016; Tananaev et al., 2016; King et al., 2020; 
Evans et al., 2020] and global projections [Andresen et al., 2020]. The unique experimental design in this study allows us to estimate climate driven changes in hydrology that can be attributed solely to changes in subsurface connectivity that depend on soil temperature. We emphasize that in previous studies, moisture dependent evapotranspiration was not considered. In addition, in this study we also consider cooling scenarios to access whether or not the changes in water balance are reversible and estimate the hysteresis between cooling and warming scenarios. We observe that overall, the water balance transient behavior between the two equilibrium regimes differs significantly between model configuration and Ks cases. The latter has been shown to be one of the most sensitive parameters for the groundwater discharge response to the warming climate [Lamontagne-Hallee et al., 2018].
3.5 ConclusionsIn this study we demonstrate how, through coupled heat and moisture subsurface transfer, Arctic watersheds react to changes in air temperature. The increase in air temperature and subsequent permafrost degradation results in the increased moisture transport from the surface to the deeper soil. The results of our simulations suggest that this process redistributes soil moisture to the deeper soil leaving the near surface layers dryer than under the cold climate. This results in increased annual runoff (especially in the winter) and decreased evapotranspiration. When the temperature trend is reversed the connectivity between near surface and deeper soil greatly reduces. This reduction leads to an increase in soil moisture in the near surface layers and an increase in evapotranspiration. The deeper soil deprived of the moisture flux from the layers above releases the excess moisture while it gradually freezes until a new equilibrium is reached. Thus our simulations prove that over long timescales increase in runoff and decrease in evapotranspiration can be caused solely by the increase in subsurface moisture transport during warming and the reverse changes in water balance that occur under cooling.The results of our simulations suggest that a simplified approach that does not include temperature-dependent lateral subsurface flow (common in the Land and Earth System Models) is able to produce water balance changes over long time-scales similar to those 
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simulated with lateral subsurface flow. However, the transient behavior of the watershed is not adequately captured by the simplified approach. The differences between the approaches become more apparent with the increase in Ks of the simulated watershed.The implementation of the “warm“ initialization of the model and subsequent cooling in our simulations allows us to demonstrate that typically the “cold“ equilibrium regime is characterized by the deficit in soil moisture storage in the deeper soil layers which is proportional to the soil Ks. Since processes responsible for massive ground ice formation (e.g. ice wedges) are absent in our simulations, this indicates that watersheds at higher elevations within the Arctic basin might experience a period of decreased runoff and positive change in water storage during warming. However, in the long-term, the runoff under warming in these watersheds will eventually exceed the initial “cold“ runoff values.In our simulations we only consider a range of Ks values (according to Lamontagne-Hallee 
et al. [2018] - the most sensitive parameter) to illustrate the natural variability of the water balance changes. However, a range of other factors and their combinations may significantly influence the timescales and magnitude of the changes in water balance, although the general pattern will most likely remain the same. These factors include the magnitude and rate of the air temperature change in the forcing scenarios for the simulation, topographic attributes of the watershed (slope, profile curvature), heterogeneity of the soil saturated hydraulic conductivity and its anisotropy. Further research should assess not only the individual sensitivity to a particular factor but also investigate their joint influence on the changes in water balance driven by the air temperature change.
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4 Topographic controls of water balance response to air temperature increase in permafrost-affected watersheds4.1 IntroductionIn recent decades an increase in freshwater runoff to the Arctic ocean (especially during the cold period of the year) have been observed for Eurasian [Stu ef e r et al., 2011; Shiklomanov 
et al., 2013; Tan and Gan, 2015; Tananaev et al., 2016; Dery et al., 2016] and North American 
[Shiklomanov and Lammers, 2011; Dery et al., 2016; Holmes et al., 2018] basins. However, recently observed trends in annual precipitation over these basins are not large enough to support this increase in runoff [Berezovskaya et al., 2004; Adam and Lettenmaier, 2008; 
Bring and Destouni, 2011; Bring et al., 2016]. On the other hand, the widespread increase in air temperature [Biskaborn et al., 2019] has been well documented. On regional and local scales, many studies [Woo et al., 2008; Connon et al., 2014; Walvoord and Kurylyk, 2016; Tananaev et al., 2016] attribute the increase in annual and especially winter runoff [Evans et al., 2020] to widespread permafrost degradation associated with the increase in air temperature. Permafrost acts as an almost impermeable barrier for soil moisture transport, which is why it greatly alters water balance and subsurface connectivity of the watersheds in cold climates. As permafrost thaws from the top under increasing air temperature conditions a layer of perennially unfrozen soil above the permafrost table allows for better moisture transport that results in increased baseflow at the main channel of a watershed [Walvoord 
and Kurylyk, 2016; Tananaev et al., 2020].Many modeling studies in recent years provided valuable insights in permafrost behavior and its role in hydrological response of arctic watersheds to changes in climate. A number of studies looked into the effects of micro-topography on shaping the change in heat and moisture transport of lowland tundra watersheds with regards to recent and future changes in arctic climate [Liljedahl et al., 2016]. Other studies [McKenzie and Voss, 2013; Lamontagne- 
Hallee et al., 2018] attempted to estimate how the changes in heat and moisture transport induced by rising air temperatures in typical headwater watersheds differ under various topographical conditions. These studies, however, due to the models employed in them, concentrated only on the subsurface moisture transport within saturated soils and did not provide any insights into surface water balance and near-surface soil moisture dynamics. In this study we try to breach this gap by applying a distributed physically based hydrological model to simulate long-term (> 100 years) behavior of various idealized watersheds under increasing air temperatures.
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We perform a number of numerical experiments with a highly detailed, physically-based hydrological model applied to a hypothetical watershed to investigate how the water balance response to prolonged warming depends on the watershed's topography and soil characteristics. The model we employ allows us to explicitly simulate various aspects of the watershed's water balance: evapotranspiration, separate runoff generation for surface and subsurface components, vertical heat and moisture transfer within the vadose zone and lateral temperature dependent subsurface transport within the saturated zone. An artificial warming scenario considered in this study is designed to simplify the interpretation of simulation results and isolate the effect of temperature-dependent soil moisture transport on the watershed's water balance. In this study we consider twelve different watersheds with different slope, curvature and hydraulic conductivity to assess unique and coupled effects of these characteristics on long-term water balance changes under increasing air-temperatures.
4.2 Methods4.2.1 ModelTo simulate subsurface heat and moisture transfer, evapotranspiration, runoff generation and routing we use the Water Flow and Balance Simulation Model (WaSiM) [Schulla, 1997]. The governing equations and their numerical approximations are described fully in [Schulla, 2019]. Due to its modular structure WaSiM incorporates a large array of different parame- terizations of hydrological processes. Here we provide a short description of how subsurface heat and moisture transfer are represented in the model. Vertical water moisture transfer within the unsaturated zone is calculated by the Richards equation:

where Θ is volumetric soil water content (m3 · m-3), t is time (s), K is hydraulic conductivity (m · s-1), Ψ(Θ) is soil water potential (m) and z is depth (m). The results from these calculations form the upper boundary condition for the estimation of lateral water movement within an unconfined aquifer which is calculated according to the Darcy law:
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where S0 is the specific storage coefficient (m3 · m-3 ), h is hydraulic head (ground water table elevation (m) for unconfined conditions), k is transmissivity (m2 · m-1 ). Divergence (∇·) and gradient (∇) are operating only lateral on Cartesian coordinates. Heat transfer in soil is calculated over the entire soil column (both unsaturated and saturated zones) with a one dimensional version of the heat equation in the vertical direction:
where Ceff(Θ, T) is effective heat capacity (J · m-3 · K-1) which includes phase change energy, T is soil temperature (K) and λ(Θ, T) is the effective thermal conductivity (W · m-1 · K-1). The numerical solution of the heat equation is coupled to Equation 4.1 by the adjustment made to the function K(Θ). In addition, calculated soil temperatures are incorporated in Equation 4.2 when transmissivity k is estimated and only the unfrozen part of the aquifer is considered.We use Hamon parametrization [Hamon, 1960] to estimate potential evapotranspiration which is separated into transpiration and evaporation components by vegetation cover fraction. Actual transpiration is withdrawn from soil moisture within the root zone (0.4 m deep) according to a root distribution function. Actual evaporation is withdrawn from the soil layers within the root zone with the upper limit for withdrawal rate decreasing with depth linearly.The runoff in the model is generated as three components: surface runoff, interflow and baseflow. Here we provide a simplified descripition of these components. The exact numerical implementation is out of the scope of this study as it is described in the Wasim manual [Schulla, 2019]. Surface runoff (Rs) is generated as infiltration excess of uppermost soil layer. Interflow is generated within the upper 3 m of the soil column and is defined as:

where Ri is interflow (m· s-1), Θ and ΘΨ=3.45 are current soil water content and soil water content at specified soil water potential, dr is an empirical parameter - drainage density (m-1), β is local slope. The minimum ensures that interflow is limited to the drainable water content in soil. Baseflow is calculated as exfiltration of ground water into the sub-grid water channel:



Where Rb is baseflow (m · s-1), lk is colmation resistance (s-1), Hgw and Hc are elevation of the groundwater table and channel bed respectively (m), wc is width of the channel bed (m) and cz is cell size in the direction of the channel. As in the case of the interflow, baseflow is limited to the drainable water content in soil.In this study we will look at the water balance components described above integrated over the entire watershed as members of a single water balance equation:
Where ∆S is change in soil water storage in both unsaturated and saturated zones (mmy -1 ), P is precipitation (mmy -1 ), E is evapotranspiration as a sum of evaporation and transpiration and R is total runoff as the sum of surface runoff, interflow and baseflow (mmy-1).

4.2.2 Numerical experimentsIn this study, we apply WaSiM to a set of 12 hypothetical watersheds (Figure 4.1) representing hillslopes of various degree and shape. We consider two linear slopes of 2o and 5o . In addition two watersheds with average slope of 5o are considered with positive (convex) and negative (concave) profile curvatures. Each slope and shape are represented with two variants of isotropic, homogeneous saturated hydraulic conductivity values: high (5 · 10-6 ms-1 ) and low (5 · 10-7 ms-1 ). Additionally, for linear slopes we perform experiments for the watersheds with heterogeneous saturated hydraulic conductivity. These watersheds consist of two variants (for each slope value): slow (low Ks) layer on top of the fast (high Ks ) and vise versa. The boundary between the layers is located at 6 m deep. All watersheds are represented by 25 cells of 80 m by 80 m (Slope length of 2 km and total area of 1.6·104 m2 ). The soil column of each cell has a total depth of 85 m. Zero soil moisture flux and geothermal heat flux of 0.085 W m-2 boundary conditions are applied at the bottom of the soil column. At all the lateral boundaries of the watershed (including the ones perpendicular to the slope) a zero soil moisture flux condition is applied.The model is forced by 30 min air temperature and precipitation data. Each watershed undergoes 3 stages: pre-spinup, spinup and a warming scenario leading to permafrost degradation. Here we operate with two steady climates and a transition between them. The
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Figure 4.1: Longitudinal profiles of watersheds in this study. Thickness of the upper layer in the layered experiments - 6 m.
“cold” climate represents current conditions and consists of annual cycles of near surface air temperature and precipitation that are derived from averaging spatial means of the Central Interior Alaska climate division (over period 1970 to 2018) from the Climate Research Unit (CRU) dataset [Harris et al., 2014]. Mean annual air temperature is -4.8 o C and annual precipitation is 340 mmy-1 . The CRU monthly climatology is then interpolated to model time step (30 min) with the first 4 Fourier coefficients and a linear adjustment is applied to ensure no difference between the first and last days of the year. The annual cycle of the ”warm” climate is obtained by adjusting the air temperature of the ”cold” climate with a coefficient so that only negative temperatures are affected and the mean annual air temperature is increased by 7.5oC . By increasing the air temperature in this manner we ensure that the warm period temperatures and the timing of crossing 0 o C are not changed. This 
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also means that the snow melt starts at the same time and potential evapotranspiration is the same for both climates. The annual cycle of precipitation is assumed the same in both climates.The pre-spinup stage of simulations consists of thousand years of ”warm” climate forcing and the model is started with fully saturated soil at 10 m depth with uniform soil temperature distribution. It is followed by a 1500 years spinup stage under ”cold” climate forcing. The third stage, warming scenario, is then defined by a linear transition between ”cold” and ”warm” steady climates. The transition spans 100 years and the air temperature after which a steady ”warm” climate is continued for another 900 years.
4.3 Results4.3.1 Water BalanceDuring the transition period (first 100 years) all water balance components (normalized by precipitation) exhibit similar temporal patterns in all twelve watersheds (Fig. 4.2). Roughly 60-70 years into the transition interflow rapidly drops while ∆S increases. This is followed by a pronounced spike in interflow at the end of the period accompanying decreasing ∆S. Values of the sum of all components exceeding 100 percent indicate storage losses in the watershed (negative ∆S). Towards the end of the transition period evapotranspiration, surface runoff and interflow have decreased compared to the initial ”cold” climate values.After the transition period, all watersheds exhibit a period of variable length with increasing baseflow and decreasing ∆S which eventually approaches zero at some point depending on the watershed configuration. Interflow initially increases but then decreases continuously after 200 years. The long-term increase in baseflow is largely compensated by decreases in interflow and ∆S, while evapotranspiration and surface runoff remain mostly constant. For watersheds with low slope the period of positive ∆S is shorter (100-130 years) than for high slope watersheds (400-700 years, respectively). In addition, watersheds with high slope and high saturated hydraulic conductivity exhibit a step-like behavior in the baseflow increase which is most prominent in cases with concave topography where the ”steps” result in negative ∆S for a few years at around 200 and 300 years after the beginning of the experiments.Initially, under the cold equilibrium conditions, total runoff consists only of surface runoff and interflow. The contribution of the surface runoff under cold climate generally increases with the slope and is not sensitive to the shape of the watershed. However, the dependence on the slope diminishes with the increase of Ks (54-74% of total runoff in the low Ks case and 34-37% in the high Ks case). In addition, the fraction of surface runoff under cold conditions
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Figure 4.2: Simulated annual water balance components (stacked) for all watersheds (Fig.4.1) in percent of annual precipitation. Grey shading marks the 100-year transition period from the ”cold” to the ”warm” climate.
does not depend on the Ks of the lower layer in the heterogeneous cases. This is due to the fact that under cold equilibrium conditions all the activity is bound by the active layer thickness and surface runoff/interflow separation is only limited by the effectiveness of the moisture transport within the active layer. After the warming, at the end of the simulation, in all cases watersheds exhibit a small spread in surface runoff contribution (29-37% of total runoff). Under the warm equilibrium conditions surface runoff is limited by the precipitation rate and evpotranspiration within the topmost soil layer.In contrast to the cold equilibrium conditions, where baseflow is not generated, at the end of the simulation it takes a significant part of the total runoff (13-60%). Dependence of it's contribution on slope curvature differs between the high and low homogeneous Ks
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cases. When the Ks is high — it increases with slope (from 38% to 53%) and decreases with curvature (39% vs 60% in convex vs concave, respectively). When the Ks is low, the dependence is reversed: baseflow contribution to the total runoff decreases with slope (from 53% to 41%) and increases with curvature (41% vs 44% in convex vs concave, respectively). When the heterogeneous Ks is considered, the baseflow contribution decreases with slope and in the case where fast layer is on top is at it's minimum (22% and 13% for high an low slope cases respectively). In all considered cases the differences in the interflow contribution under the warm equilibrium conditions are opposite of those of the baseflow.

Figure 4.3: Simulated annual cycles of total runoff for twelve hypothetical watersheds (Fig. 4.1). Winter (October - April) and summer (May - October) period are defined by negative and positive daily air temperature respectively. ∆s and ∆w show the differences between the end (warm climate) and start (cold climate) of summer and winter runoff respectively. Annual change corresponds to the relative change in total runoff between the end and start of the simulations.
Under the warm equilibrium conditions in the end of the simulation period all watersheds exhibit decreased evapotranspiration by 4 to 7 % of total annual precipitation which is compensated with an equal increase in runoff. The lowest relative increases in runoff occur
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in cases with low Ks and high slope. The highest is present in the case with concave topography with high Ks (Figure 4.3). With regards to separation between the seasons, in all cases we observe a decrease in summer (positive air temperatures) and increase in winter (negative air temperatures) runoff. The decrease in summer runoff increases with slope and decreases with curvature, however, this dependency is attenuated by Ks , especially in the top soil layer. When the Ks of the top soil layers is low (both in homogeneous and layered cases) the decrease happens predominantly in the beginning of summer during the snow melt. When the Ks is high — the decrease occurs predominantly in the late summer. This difference is explained by the fact that when the Ks of the top soil layers is low — the overall dryness of the top soil layers allows for more effective downward transport of the snowmelt water (annual peak of the downward moisture flux from the surface).

Figure 4.4: Soil temperature distribution and moisture saturation (High Ks cases) as a function of depth and distance from the mouth of the watershed for several time slices since start of 100-year transition period from ”cold” to a ”warm” period for four of the investigated watershed configurations (Fig. 4.1). Zones of unsaturated soil, permafrost and the the groundwater table are marked.
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4.3.2 Soil temperature and moisture distributionInitial soil temperature and moisture distribution (after the spinup) mostly depends on the average slope of the watershed (Figures 4.4, 4.5 and 4.6) with higher slope values having a deeper unsaturated zone and overall lower permafrost temperature. Under the same slope conditions higher K s also allows for a higher deficit in storage and lower soil temperatures in the upper part of the watersheds. After the initial hundred years a shallow (4-6 m), mostly saturated talik is formed in the upper soil column while the permafrost in the headwater parts of the watersheds remains unsaturated. The drainage of this talik results in the aforementioned interflow peak at around 100 years. After the drainage of this talik the soil column continues to thaw and in low slope cases within 100 to 150 years the groundwater table rises and resides in the upper 10 m of the soil column while thawing is continued downward. In the high slope cases while the permafrost table moves downwards with the same speed initially, after 300-400 years the rate of thaw increases due to the lower moisture content and less phase change energy consumption by the phase change in the first few meters of the soil column. In addition, the deepened unsaturated zone accumulated soil moisture provided by the precipitation, however that water is not yet involved in the lateral subsurface transport. This water becomes available to the groundwater transport only when the soil above the groundwater table is warm enough and allows for significantly higher vertical moisture movement.Although not all the watersheds are free of permafrost at the end of the simulation, the soil remaining under 0oC has an insignificant effect on the water balance and subsurface moisture transport. The rate of thaw, however, varies between the experiments. Lower K s, lower slope as well as positive curvature increases the rate of thaw for the whole period of simulation (Figures 4.4, 4.5 and 4.6). This is mostly due to the total initial storage deficit and higher slope of the groundwater table. Although the extra moisture results in extra phase change energy expense, however, the effect of the increased thermal conductivity from higher water content takes over in the long term. For the low slope (Figure 4.4) the initial deficit in storage ranges from 4 to 6% (of the total warm equilibrium storage) and from 16 to 42% for the high slope (including the different curvature cases, Figures 4.4 and 4.5). Negative curvature effect on the storage deficit is decreased by the Ks, especially for the negative curvature (8% difference between linear and concave for high Ks and 2% difference for the low). In the layered experiments (Figure 4.6) the difference with the homogeneous cases increases with slope from less than 1% to 4%.
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Figure 4.5: Soil temperature distribution and moisture saturation (Low Ks cases) as a function of depth and distance from the mouth of the watershed for several time slices since start of 100-year transition period from ”cold” to a ”warm” period for four of the investigated watershed configurations (Fig. 4.1). Zones of unsaturated soil, permafrost and the the groundwater table are marked.
4.4 DiscussionThe forcing scenario and the sequence of simulations implemented in this study greatly differ from other similar studies [Frampton et al., 2011, 2013; McKenzie and Voss, 2013; 
Evans and Ge, 2017; Lamontagne-Hallee et al., 2018]. In these studies the transition between ”cold” and ”warm” climates happens by an application of a linear trend to the seasonal cycle uniformly throughout the year. While the overall seasonality is accounted for in these studies, two aspects of this approach complicate the interpretation of the results: 1) Change in length of the warm period and 2) infiltration/recharge rates are independent of air temperature.The first aspect prohibits the analysis of the results in terms of changes in the annual cycles with fixed dates for the different seasons. This can be accounted for by dividing the year into periods with positive and negative air temperature [e.g Lamontagne-Hallee et al., 2018], however with such an approach total seasonal volumes for moisture and heat influx through the surface are changing with the length of the seasons which complicates the analysis. The second aspect combined with the lack of parameterizations for evapotranspiration suggests an uncharacteristic behavior. When the summer air temperatures are rising one would ex-
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Figure 4.6: Soil temperature distribution and moisture saturation (Layered Ks cases) as a function of depth and distance from the mouth of the watershed for several time slices since start of 100-year transition period from ”cold” to a ”warm” period for four of the investigated watershed configurations (Fig. 4.1). Zones of unsaturated soil, permafrost and the the groundwater table are marked.
pect an increase in potential evapotranspiration and simultaneous decrease in the amount of water infiltrating below the root zone. On the other hand, the increased permeability below the root zone promoted by the permafrost thaw suggests faster downward transport of soil moisture during the summer. Since these two phenomena occur simultaneously and compete for the excess soil moisture within the root zone the results are highly sensitive to the model structure and numerical implementation. To avoid this, most of the studies [Frampton 
et al., 2011, 2013; McKenzie and Voss, 2013; Evans and Ge, 2017; Lamontagne-Hallee et al., 2018] do not even consider evapotranspiration or incorporate it as a constant part of surface infiltration.We eliminate these complications by intentionally applying a scenario where only negative temperatures within the annual cycle are increasing. With this approach, we decrease the annual amplitude of the air temperature and the ground surface temperature. Though it is not completely realistic (summer temperatures do rise as well, for real watersheds) we note that the long-term changes in soil temperature depend on the changes in air temperature on the similar time scale (decades, centuries) and essentially only the changes in total annual 
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surface heat budget are of concern. On the other hand, this approach allows us to 1) maintain the timing of the warm and cold season transition as well as seasonal precipitation volume and 2) maintain the same potential evapotranspiration so that any changes in the actual evapotranspiration come only from the changes in soil moisture within the root zone.One of the other main difference between this and previous studies is how the ”initial” soil moisture distribution before the application of the warming scenario is obtained. While some studies [e.g McKenzie and Voss, 2013] only deal with the saturated conditions, most of the studies [Frampton et al., 2011, 2013; Evans and Ge, 2017; Lamontagne-Halle et al., 2018] employ a two-step spinup procedure. During the first step an equilibrium soil temperature distribution is obtained by running the model for a long period (> 100 years) with complete saturation. The second step includes running the model with the variable infiltration rate to obtain a quasi steady state near-surface soil temperature and moisture distribution. This results in high moisture content in the deeper soil ”trapped” by the low permeability of the frozen ground. To support such a high moisture content ”warm” paleo climate before the recent cooling had to exhibit very high precipitation to maintain high groundwater table elevation. When the subsequent cooling had begun and the deeper soil became disconnected from the influx of the precipitation by an initial thin layer of permafrost all of the soil underneath should have been fully saturated and unable to drain into the nearby river channels that maintained a through talik underneath.In contrast to the aforementioned studies, the spinup procedure that allows us to obtain “current“ cold climate soil temperature and moisture distribution, is performed in three steps. We initialize the spinup with warm climate. The second step (cooling) allows us to obtain more realistic soil temperature and moisture distribution in the deeper soil since soil moisture is still allowed to move and exfiltrate while the bottom of the permafrost moves downward. Then the model is run until an equilibrium under cold climate is reached. All of this results in a more conservative estimate of the ammount of the excess ice content in permafrost and subsequently limits the increase in runoff during the warming.In this study we employ a distributed water-balance model. There are three main difference between our model and models used in other studies: 1) strictly vertical and conductive heat transfer 2) lateral moisture transport happens only in the saturated zone and 3) presence of evapotranspiration withdrawal and interflow generation. The first difference implies no advective heat transport in the model, however, soil moisture movement can still affect the heat transfer by the means of moisture-dependent heat capacity, thermal conductivity and latent heat of phase change. Since, apart from the infiltrating precipitation, soil moisture is in thermal equilibrium with the soil, the absence of advective heat transport does not significantly alter soil temperature dynamics in most cases. The absence of the lateral mois
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ture transport within the unsaturated zone in our experiments does not reduce the validity of simulation results due to two circumstances. Firstly, the vertical hydraulic head gradient is much greater than lateral within the unsaturated zone. Secondly, over large timescales soil moisture will be redistributed through the unconfined aquifer underneath in any case. The presence of temperature-dependent evapotranspiration withdrawal of soil moisture within the root zone is usually not considered in other studies at all [Frampton et al., 2011, 2013; 
McKenzie and Voss, 2013; Evans and Ge, 2017; Lamontagne-Hallee et al., 2018]. In addition, models implemented in those studies do not generate interflow but only consider exfiltration of soil moisture at the top and lateral boundaries of the modeling domain. The main advantages of the approach that involves interflow generation is the possibility of generating runoff in the upper soil column without the requirement of complete saturation before the soil moisture exfiltrates. This results in a simpler and more computationally efficient representation of runoff generation within the active layer in summer without the need to employ a very fine mesh in the upper soil.The particular experimental designs that we consider in this study are chosen to provide clarity of interpretation of the results. Though simulating only two cases for each topographical and soil condition does not allow us to provide detailed sensitivity analysis for each parameter, it allows us, however, to demonstrate the combined sensitivity to multiple parameters with a limited set of simulations. In addition, increasing the number of simulations per a parameter not only exponentially increases the required computational resources but also requires a choice of a single valued sensitivity metric which on one hand impoverishes the results of details and on the other hand makes it harder to relate simulated watersheds to their real-world analogues.
4.5 ConclusionsIn this study we expand our understanding of the role the temperature-dependent subsurface connectivity plays in long-term water balance changes in permafrost affected watersheds under warming climatic conditions. We explore how the water balance response of the watersheds to the warming is shaped by the topographical and soil permeability conditions. The simulations performed in this study also highlight the combined sensitivity effects of multiple parameters.The experimental design for the air temperature increase scenario implemented in this study allows us to demonstrate that one of the main consequences of the enhanced subsurface connectivity under warming is the decrease in near-surface soil moisture and the associated decrease in evapotranspiration. This decrease in evapotranspiration and subsequent increase 
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in total runoff depends predominantly on the saturated hydraulic conductivity of the soil and to the average slope of the watershed to a lesser extent. When the Ks is high, steeper slopes promote the increase in runoff. When Ks is low, steeper slopes exhibit lower relative increase in runoff.The profile curvature exhibits a reversed pattern.The experiments with layered, heterogeneous soils suggest that the way the watershed's water balance is responding to changes in air temperature depends mostly on the saturated hydraulic conductivity of the lower part of the soil column. However, the equilibrium annual cycles of the total runoff and its composition depends on the saturated hydraulic conductivity of the near-surface soil.A more consistant approach than the one employed in previous studies for obtaining initial (current climate) soil moisture and temperature distribution is implemented in our simulations than in previous studies. The main consequence of applying this approach is the presence of a period of net positive water balance and decreased runoff and evapotraspira- tion that varies in length between the considered cases. The length of this period depends predominantly on the average slope of the watershed. However, the initial deficit in soil moisture storage is highly dependent on the saturated hydraulic conductivity and profile curvature of the watershed. Heterogeneity of the saturated hydraulic conductivity does not play a significant role.Even though the overall long-term pattern of water balance response to the increase in air temperature is consistent between the considered cases, the differences between the cases suggest variability in the amplitude of the water balance changes. Given the uncertainty in atmospheric forcing as well as current soil temperature and moisture distribution across the Arctic the problem of reliable predictions of future changes in the terrestrial water cycle and associated feedbacks of land-atmosphere interactions is still far from being solved. However, simulations with simplified setups as in this study allow us to estimate the general direction of the expected changes.
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5 ConclusionsNumerical modeling is a powerful tool that allows researchers to fill the gaps in observations, make predictions and enhance our understanding of the complex phenomena like atmosphere-land interactions in cold regions. It is especially useful for understanding the behavior of natural systems on century and millennia timescales for which observations are scarce and come with large uncertainty. Ground temperature and moisture dynamics in deep soil exhibit themselves on those large timescales. In this dissertation we provided two applications of numerical modeling of ground temperature and moisture dynamics enhancing our understanding of the terrestrial Arctic systems.In Chapter 2, we applied a heat transfer model to the Seward Peninsula, a region with discontinuous permafrost in Alaska, to estimate permafrost dynamics in the 20th and 21st centuries at high (500 m) spatial resolution. We implemented an enhanced calibration procedure and utilized available observations to produce a better representation of present-day permafrost conditions and improve the estimation of their projected behavior. In addition, we applied adjustments to the model to better simulate snow redistribution and its effects on the subsurface temperature dynamics. The results of our simulations agree with the previous studies and suggest widespread permafrost degradation and thick talik formation towards the end of the 21stcentury under the considered emission scenarios. The methods developed in this Chapter can be applied to different permafrost regions for which similar observations are available to obtain high resolution maps of permafrost distribution and its evolution in the past and future. If an additional set of data (soil moisture, runoff, etc) were developed for those regions a simple modification to the presented methods can be applied to allow for more sophisticated models (considering three-phase subsurface water transport) to be employed in the simulations.In Chapters 3 and 4, we employ a physically based water balance model to estimate the effects of permafrost dynamics on water balance and subsurface moisture transport . We apply this model to hypothetical watersheds in the Arctic to investigate this effects and possible hydrological behavior in principium. We performed a set of experiments with different model configuration, soil permeability and air temperature scenarios. Our simulations suggest that under increasing air temperatures permafrost degradation results in increase in annual runoff, decrease in evapotranspiration and increase in cold season runoff. Under decreasing air temperatures these changes revert on similar timescales (100-400 years) depending on soil permeability. In addition, we establish that simpler models that do not consider later moisture transport in the saturated zone, though they display a different pattern during the transitional period between ”cold” and ”warm” climates, can produce similar 
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changes in total runoff and evapotranspiration on larger timescales (> 500 years). Overall, our simulations suggest that a long term increase in air temperature by 7.5oC results in 715% increase in runoff and 6-20% decrease in evapotranspiration. Long-term cooling results in the reversed change of the same magnitude.In Chapter 4, we limit our simulations to one air temperature increase scenario and consider only a model configuration that includes lateral temperature-dependent subsurface moisture transport in the saturated zone. However, by performing our simulations on watersheds with different topographic and permeability conditions we are able to see how long-term behavior of our hypothetical watershed is shaped by them. The results of our simulations suggest that on long time scales (300-700 years), even though in all cases we can expect an increase in total runoff and decrease in evapotranspiration, the partitioning of runoff to different components is drastically different between the cases. Steeper slopes for cases with low permeability result in less baseflow fraction, while for cases with high permeability it is the opposite. Profile curvature affects runoff composition in the opposite way the steepness of the slope does. In watersheds where we consider two layers with different permeability the runoff composition mostly depends on the permeability of the upper layer while the transient patterns in water balance depend on the permeability of the deeper soil.The unique experiment design we developed in Chapters 3 and 4 allowed us to separate the effects of coupled subsurface heat and moisture transport on watershed-scale water balance in a changing climate. Though we do not consider a wide range of air-temperature and precipitation change scenarios, one can apply the developed setup to investigate the sensitivity of water-balance response to a range of scenarios. A possible objective for future studies could be performing Monte-Carlo simulations that vary additional model parameters that were considered uniform in our investigations to obtain a more complete view of model sensitivity and possible uncertainty distribution for future predictions. The application of physically based hydrological models to a simple watershed setup similar to that in Chapters 3 and 4 allows us to develop a comprehensive understanding of the system behavior in response to climate change that we can expect from real watersheds and develop more effective empirical models that can be easily calibrated and applied to real watersheds. The performance of these models can be tested with the same setup we employed in Chapters 3 and 4. However the lack of comprehensive observational datasets will still remain a major obstacle for delivering better predictions of long-term behavior of Arctic watersheds.
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